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Zusammenfassung:

Im Rahmen der vorliegenden Arbeit wurden Lidarmessungen während dreier meridionaler

Transatlantikfahrten des Forschungsschiffs Polarstern durchgeführt. Die Fahrten umfassten

einen Zeitraum von insgesamt vier Monaten und eine Strecke von etwa 40000 km. Zusätzlich

wurde das Lidar stationär für jeweils vier Monate in Punta Arenas (Chile) und Stellenbosch

(Südafrika) betrieben.

Der entstandene Datensatz wurde hinsichtlich dreier Themen untersucht. Im ersten Thema

wurden die bestimmten Aerosolprofile analysiert. So wurde reiner Saharastaub und Staub

gemischt mit Biomasse–Verbrennungsaerosol an der Westküste Nordafrikas beobachtet. Erst-

malig konnten Staubfahnen aus der patagonischen Wüste mit Lidar charakterisiert werden.

Unerwarteterweise ergab sich die Möglichkeit, Vulkanascheschichten vom Ausbruch des Ey-

jafjallajökull zu untersuchen. Ein deutlicher Unterschied in der meridionalen Verteilung von

Aerosolschichten in der freien Troposphäre wurde gefunden. Dabei wurden die höchsten opti-

schen Dicken in den nördlichen Tropen bestimmt, die durch hohe Staubemissionen der Sahara

zustande kommen. Die niedrigsten Aerosolkonzentrationen in der freien Troposphäre wurden

in den südlichen mittleren Breiten gefunden. Während die abgehobenen Aerosolschichten in

der freien Atmosphäre in Höhen von bis zu 5 km beobachtet wurden, betrug die mittlere

Höhe der maritimen Grenzschicht etwa 0.4–0.9 km. Ihre optische Dicke betrug unabhängig

vom Breitengrad rund 0.05. Die schiffsgebundenen Lidarmessungen wurden mit satellitenge-

bundenen Messungen verglichen, wobei eine gute Übereinstimmung gefunden wurde.

Die vertikale Aerosolverteilung ist eine notwendige Information um den direkten Einfluss

von Aerosolen auf den Strahlungshalt der Erde zu bestimmen. Im zweiten Teil wurden die

Vertikalprofile und die mit Lidar ermittelten optischen Eigenschaften für Strahlungstran-

portrechnungen verwendet. Die Ergebnisse wurden mit Strahlungsmessungen am Boden und

vom Satelliten verglichen. Die Übereinstimmung aller verfügbaren Messungen war hierbei

an der Unterkante der Atmosphäre am besten. Eine meridionale Untersuchung hat gezeigt,

dass der solare Aerosoleffekt der maritimen Grenzschicht unabhängig von der geographischen

Breite ist. In der freien Troposphäre entspricht die Verteilung des solaren Strahlungseffekts

von Aerosolen der meridionalen Verteilung der optischen Dicke und zeigt die stärksten Ef-

fekte in den nördlichen Tropen.

Aerosole üben ebenfalls einen indirekten Strahlungseffekt aus, da sie die mikrophysikalischen

Eigenschaften von Wolken beeinflussen. Einer dieser Prozesse ist die heterogene Eisbildung

in unterkühlten Wasserwolken. Mithilfe der Messungen in den südlichen mittleren Breiten

(Punta Arenas, 53◦ S) und vorangegangenen Messungen in den nördlichen mittleren Breiten

(Leipzig, 51◦N) konnte erstmals der Aerosoleffekt unter verschiedenen Aerosolbedingungen,

aber vergleichbaren meteorologischen Bedingungen im dritten Teil dieser Arbeit untersucht

werden. Weniger als 20% und rund 70% der beobachteten Wolken mit Oberkantentempera-

turen von −15 bis −20 ◦C zeigten Eisbildung über Punta Arenas bzw. Leipzig. Die starke

Differenz zwischen den Beobachtungen wurde durch den Unterschied der Aerosol- und somit

Eisnukleationskeimquellen in beiden Hemisphären erklärt.
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Abstract:

In the framework of this thesis lidar measurements were performed aboard the research ves-

sel Polarstern during three meridional transatlantic cruises. The shipborne measurements

cover a period of four months and a distance of about 40000 km. In addition, the lidar was

operated in Punta Arenas (Chile) and Stellenbosch (South Africa) each time for four month.

The established data set offered the opportunity to work on three topics. Within the first

topic the vertical distribution of aerosols was analyzed. Pure and mixed layers of Saharan

dust were observed at the west coast of North Africa. For the first time, plumes of Patag-

onian desert dust were characterized with lidar. Unexpectedly, layers of volcanic ash from

the Eyjafjallajökull eruption in 2010 could be investigated, too. A distinct difference in the

meridional distribution of aerosol layers in the free troposphere was found. The highest opti-

cal thickness was determined in the northern tropics, which is related to the dust emissions of

the Saharan desert. The lowest aerosol load in the free troposphere was found in the southern

midlatitudes. While lofted layers were observed up to 5 km height in the free troposphere,

the marine boundary layer extended up to about 0.4–0.9 km. The aerosol optical thickness of

the boundary layer was about 0.05, independent of the latitude. In a comparative study the

shipborne lidar measurements showed a good agreement to spaceborne lidar measurements.

The information of the aerosol vertical distribution is a key parameter in modeling the direct

effect of aerosols on the Earth’s radiation budget. The vertical profiles of lidar–derived parti-

cle optical properties were used as input for radiative–transfer calculations in the framework

of the second topic. The simulation results were compared to irradiance measurements at

the surface and with satellite. The best agreement for all simulations was found for cloud–

free conditions at the surface. A meridional analysis showed that the solar aerosol radiative

effect is related to the corresponding meridional distribution of the aerosol optical thickness.

While the solar aerosol radiative effect of the marine boundary layer was independent from

the latitude, the effect of free–tropospheric aerosol was highest in the northern tropics.

Aerosols also indirectly influence the radiation budget by affecting cloud microphysics. One

of these effects is the heterogeneous ice formation in supercooled water clouds. Within the

third topic, for the first time, this aerosol effect was investigated under different aerosol

conditions but comparable meteorological conditions by the use of observations in the south-

ern midlatitudes (Punta Arenas, 53◦ S) and a previous study in the northern midlatitudes

(Leipzig, 51◦N). Less than 20% and around 70% of the cloud layers with cloud top tempera-

tures from −15 to −20 ◦C showed ice formation over Punta Arenas and Leipzig, respectively.

More than 90% of the cloud layers contained ice over Leipzig at temperatures from −25 to

−30 ◦C, whereas this level was not reached at Punta Arenas before cloud top temperatures

were below −35 ◦C. The strong contrast found in the cloud observations over Leipzig and

Punta Arenas is obviously related to the rather different aerosol conditions at the polluted

site in the northern hemisphere and the rather clean maritime site south of 50◦ S.





”Give way to science”
U. Pahl, Captain of RV Polarstern
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Chapter 1

Introduction

Aerosols, clouds, and aerosol–cloud interactions sensitively influence the radiation budget of

the atmosphere, the water cycle, and thus the climate on Earth. This impact is especially

sensitive over the oceans [Stevens and Feingold , 2009]. However, global atmospheric

modeling is associated with high uncertainty, because of gaps in our knowledge regarding

the horizontal and vertical abundance and variability of aerosols and clouds around the

world. This situation motivated the OCEANET project [Macke et al., 2010] whose goals

and observation strategy are explained in Chapter 2.

In the framework of OCEANET unique lidar observations of aerosol and cloud layers were

performed aboard the research vessel (RV) Polarstern in 2009 and 2010, and at two coastal

measurement sites in the southern hemisphere, at Punta Arenas, Chile, from November 2009

to April 2010 and at Stellenbosch, South Africa, from December 2010 to May 2011. These

measurements are presented and discussed in this work. Vertically–resolved observations

in the southern hemisphere are rare [Bösenberg and Hoff , 2008] and of special interest for

modelers. Furthermore, these observations can be contrasted with respective observations

of aerosols and clouds in the northern hemisphere to better understand anthropogenic

influences on climate, aerosol distributions, and cloud processes.

The work deals with three main topics:

(a) The vertical distribution of aerosols above the North and South Atlantic,

(b) Height–resolved radiative–transfer calculations using optical data from lidar,

(c) Contrasting the impact of aerosols at northern and southern midlatitudes on

heterogeneous ice nucleation.
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Topic (a) discussed in Chapter 5 includes the aerosol observations that were performed

at the three before mentioned sites. Aerosols can occur in layers of pure marine origin

or complex mixtures of marine aerosols and continental desert dust, biomass–burning

aerosols, and anthropogenic aerosols (industry, domestic, traffic) [Mattis et al., 2008].

Complex aerosol mixtures are often found in the free troposphere as well, where they can

be transported over large distances [Tesche et al., 2009]. At the beginning of Chapter 5, a

review of previous investigations in this field is given.

The results concerning topic (b) are presented in Chapter 6. Radiative–transfer models

usually use exponential aerosol height distributions [Shettle and Fenn, 1979] despite the

known presence of lofted aerosol layers around the globe. Especially investigations of the

radiative impact of aerosol layers above clouds showed the strong need of height–dependent

calculations [Haywood and Shine, 1997; Wagner et al., 2001]. Here, the radiative effect

is determined for a selection of observed aerosol and cloud layers using lidar data. An

introduction to this topic is given in Sec. 6.1.

Finally, in Chapter 7 the process of heterogeneous ice nucleation is introduced (topic c).

Heterogeneous ice nucleation is not only a very important process considering precipita-

tion. The thermodynamic state of a cloud (liquid, mixed–phase, pure ice) affects also

the radiative impact of clouds [Sun and Shine, 1995; Hogan et al., 2003; Ehrlich et al.,

2008]. The OCEANET lidar observations of heterogeneous ice nucleation are compared

with previous findings of the Leibniz Institute for Tropospheric Research (IfT) at Leipzig

(northern hemisphere) and Cape Verde (in the African outflow region). In this way, the

influence of aerosols on the heterogeneous ice nucleation between the highly polluted

northern hemisphere and the comparably clean southern hemisphere is contrasted.

After the general introduction of the OCEANET project in Chapter 2 the lidar technique

is introduced in Chapter 3. Additionally used measurement instruments are presented in

Chapter 4. Conclusions and an outlook are given in Chapter 8.
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Chapter 2

OCEANET project

2.1 Motivation

Oceans cover about 70% of the Earth’s surface. The exchange of energy and material

between the ocean and the atmosphere is a key in understanding climate processes.

The corresponding fluxes of radiation, heat, water vapor, and CO2 are driven by the

local composition of the upper ocean and the lower troposphere. Aerosols (directly

and indirectly via cloud processes [Lohmann and Feichter , 2005]) strongly influence the

surface radiation budget which in turn is the major part of the surface energy bud-

get. The complex interaction between aerosols, clouds, and radiative fluxes is recognized

as the largest source of uncertainties in understanding climate processes [Forster et al., 2007].

According to the report of the Intergovernmental Panel on Climate Change (IPCC, [Forster

et al., 2007]) the increase of CO2 from 1750 until 2005 produced with 1.66 W m−2 the

largest anthropogenically induced change in the global radiative forcing. Compared to the

uncertainty of about 20 W m−2 [Macke et al., 2010] in cloud radiative forcing, this number

of 1.66 W m−2 is small and demonstrates that trustworthy future climate predictions require

an improved understanding of aerosol–cloud–radiation interactions.

Figure 2.1 shows a sketch of a feedback loop between biological, chemical, and physical

processes above the upper ocean. Aerosols and clouds can disturb this loop. The incident

radiation at the ocean surface decreases with increasing scattering and absorption of

solar radiation by aerosols and clouds. As a consequence, the temperature and biological

production of the upper ocean decrease and less CO2 is released into the atmosphere.

Reduced CO2 concentration in the atmosphere and decreased evaporation of water–vapor

because of lower sea surface temperature (SST) result in lower values of the water vapor
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gas exchange 
(CO2 budget)

solar heating of the ocean
(heat)

biological processes
(primary production)

Figure 2.1: Feedback loop between the physical, chemical, and biological processes investigated

by OCEANET. Photograph of a diatom from awi.de/LOHAFEX (left, bottom).

mixing ratios [Minschwaner and Dessler , 2004]. Thus, cloud formation may then be

weakened, as well as the swelling of hygroscopic aerosols. This, in turn, would lead to an

increase of downward radiative fluxes and an increase of SST. This is one example of a

variety of complex feedback loops which have to be fully understood before a quantitative

prediction of future climate conditions can be made.

Within the OCEANET project the first shipborne facility was developed that is able to

investigate continuously the transfer of energy and material between ocean and atmosphere.

The facility is based on the expertise of the Helmholtz Centre for Ocean Research Kiel

(GEOMAR), IfT, the Helmholtz Centre Geesthacht, and the Alfred Wegener Institute

(AWI), Bremerhaven. State–of–the art oceanic underway measurement systems observe

the CO2 and O2 concentrations, type of plankton, temperature, salinity, nutrients, and

turbidity to determine the state of the upper ocean [Petersen et al., 2003; Aßmann et al.,

2011]. Continuous observations of aerosol, cloud, temperature, and humidity profiles,

liquid–water path, incident solar and thermal radiation, sensible and latent heat are

performed to determine the influence of the highly variable atmosphere on the radiative

energy budget between ocean and atmosphere. Additional satellite observations by Meteosat

Second Generation (MSG) are used to estimate the radiative energy budget at the top of

atmosphere (TOA).
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Figure 2.2: Sketch of the possible vertical distribution of aerosol particles in the atmosphere.

TOA denotes the top of atmosphere, SUR the surface. Lidar observes single aerosol particle layers

at different heights in the atmosphere. This information serves as input for radiative–transfer

models. The incident solar radiation at SUR can be determined by a pyranometer, the outgoing

solar radiation at TOA by Meteosat Second Generation (MSG).

The vertical profiling of aerosol and cloud layers is performed with the lidar PollyXT (see

Chapter 3). As shown in Fig. 2.2, a lidar is able to detect single lofted aerosol and cloud layers

in the atmosphere and to resolve cloudy regions when clouds are embedded in aerosol layers.

Current assessments of aerosol and cloud impacts on climate remain very uncertain [Schulz

et al., 2006] because the assessments rely largely on model simulations of aerosol distributions

that differ, in terms of mass concentration (µg m−3), by up to an order of magnitude between

different models [Lohmann et al., 2001; Textor et al., 2006]. As shown by Haywood and Shine

[1997], Quijano et al. [2000], and Wagner et al. [2001] rather different radiative effects occur

depending on whether lofted aerosol layers are above the cloud–free ocean or above a cloud

cover of boundary–layer cumuli over the ocean. The cloud–free ocean absorbs almost the

entire incident solar radiation due to its low albedo (≈0.05) [Linke and Baur , 1970]. In

contrast, the albedo of a cloud can be >0.9 [Liou and Ou, 1989; Albrecht , 1989]. This albedo

difference can lead to a change from a negative to a positive radiative impact of a lofted

aerosol layer at TOA as reported by Wagner et al. [2001] for an Indian aerosol plume.
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Above the Atlantic Ocean very different aerosol types are present. Figure 2.3 shows a

map of several aerosol source regions and the expected transport direction (indicated by

white arrows). Regarding the transport regime 1, Müller et al. [2005] observed smoke from

Canadian forest fires that was advected across the Atlantic towards Europe. Anthropogenic

emissions from North America were investigated during the TARFOX campaign [Russell

et al., 1999] at the Atlantic west coast (arrow 2). Mattis et al. [2008] showed that anthro-

pogenic haze from North America frequently arrives over Europe in summer in agreement

with Ramanathan et al. [2007]. European anthropogenic emissions can be advected across

the Iberian peninsula to the Atlantic (arrow 3) [Ansmann et al., 2001]. Dust as well as

dust mixed with smoke was observed during the SAMUM campaign at Cape Verde at

the west coast of Africa [Ansmann et al., 2011a; Tesche et al., 2011; Groß et al., 2011b].

These dust and mixed dust layers are known to cross the entire Atlantic (indicated by

arrows 4 and 5) and are detectable in the Caribbean and the Amazon basin [Formenti

et al., 2001; Prospero et al., 2002; Liu et al., 2008b; Ansmann et al., 2009; Baars et al.,

2011]. Smoke emissions from the Amazon basin are transported to the southeast (arrow

6) [Fishman et al., 1996; Kaufman et al., 1998; Reid et al., 2004]. The southern Atlantic

is also influenced by smoke layers advected from southern Africa (arrow 7) [Swap et al.,

1996, 2003; Yu et al., 2010; Wilcox , 2011]. The transport regime 9 indicates the most

southern source of continental aerosols, the Patagonian desert. Patagonian dust was found

in Antarctic ice cores and serves perhaps as iron source in the southern oceans [Iriondo,

2000; Gaiero et al., 2003; Gassó et al., 2010; Johnson et al., 2011]. Above the entire Atlantic

the boundary layer (the lowermost 300–900 m) is dominated by marine aerosol indicated

by the white circle 8 [Heintzenberg et al., 2000; Smirnov et al., 2002; O’Dowd and de

Leeuw , 2007; Kiliyanpilakkil and Meskhidze, 2011]. To cover these complex aerosol scenarios

by observations, height–resolved measurements of the aerosol distributions are clearly needed.
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Figure 2.3: Overview of the long–range aerosol transport regimes above the North and South

Atlantic. Arrows and numbers indicate the different regimes and aerosol types.
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2.2 Instrumentation

The observations were performed (at the Atlantic) aboard the German research vessel

Polarstern, which is mostly operating under summer polar conditions either in the Arctic or

in the Antarctic. The resulting transfer routes between Germany and either South America

or South Africa provide an excellent opportunity to perform atmospheric and oceanic

observations under tropical, subtropical, and midlatitudinal conditions in both hemispheres.

Thereby, Polarstern passes areas with a known high fraction of free–tropospheric aerosol

that is transported over long ranges. During the Antarctic cruises of Polarstern the portable

lidar was deployed at coastal sites in the southern hemisphere where, except from satellite

observations, vertical aerosol profile information is almost not available [Bösenberg and

Hoff , 2008]. The Polarstern cruises to the southern hemisphere thus provide an outstanding

opportunity to investigate the southern–hemispheric aerosol conditions and to relate these

to northern–hemispheric values. For such a comparison, a long–term data set of vertical

aerosol profiling is available from measurements at Leipzig, Germany, performed in the

framework of the European Aerosol Research LIdar NETwork (EARLINET) [Bösenberg

et al., 2003].

The OCEANET–Atmosphere facility was developed to cover the atmospheric observations

aboard Polarstern. All measurement instruments are mounted on a 20–feet container

shown in Fig. 2.4. Incident solar and thermal radiation are measured with a pyranometer

(CMP21) and a pyrgeometer (CGR4), respectively, from Kipp & Zonen (box c in Fig. 2.4).

They are part of the SCalable Automatic Weather Station (SCAWS) [Kleta, 2010], which

was developed in cooperation with the German Weather Service (DWD). Due to the

additional recording of temperature, relative humidity, and wind (box a in Fig. 2.4),

OCEANET–Atmosphere became an official DWD station. Box d in Fig. 2.4 shows the in-

strumentation for turbulence and CO2–flux measurements (METEK USA–1, LICOR 7500),

which enables the determination of sensible and latent heat fluxes [Bumke et al., 2002].

Every 15 s a skyimager (box e) takes a picture of the hemisphere above the platform to

estimate cloud coverage and cloud type [Kalisch, 2011]. Liquid–water path is calculated

from the measurements of the Humidity And Temperature PROfiler (HATPRO) [Rose

et al., 2005] for further cloud investigations (box f). Vertical aerosol and cloud profiling is

performed with the multiwavelength Raman and polarization lidar PollyXT (see Sec. 3).

The lidar cabinet is mounted inside OCEANET–Atmosphere and measures through quartz

plates in the roof of the container. The emitted visible green laser light can be seen in

the nighttime photograph of the container in Fig. 2.4 (top). OCEANET–Atmosphere was

deployed at the upperdeck, starboard of Polarstern in about 22 m asl (Fig. 2.4 bottom, right).
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Figure 2.4: Top: Photograph of the OCEANET–Atmosphere facility during nighttime with

the green beam of the lidar. Bottom: (left) sketch of the facility with (a) SCAWS temperature-

humidity-wind, (b) PollyXT, (c) pyranometer and pyrgeometer, (d) turbulence tower, (e) skyim-

ager, and (f) HATPRO, (right) position of the facility at the upperdeck, starboard of Polarstern.
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2.3 Polarstern cruises and southern–hemispheric stations

By the meridional transatlantic cruises of Polarstern from about 50◦N to 50◦ S through

different climatic regimes unique data on aerosols, clouds, and related radiative fluxes can

be obtained. The performed cruises used in this work are shown in Fig. 2.5.

OCEANET–Atmosphere participated in a meridional cruise of Polarstern in fall 2009 for the

first time. The cruise went from Bremerhaven, Germany (16 October 2009, ANT-XXVI/1)

to Punta Arenas, Chile (25 November 2009). Polarstern went on to the Antarctica, while

the lidar was unmounted from the container and deployed at Punta Arenas (see below).

The lidar was remounted into OCEANET–Atmosphere at the pier of Punta Arenas (see

Fig. 2.6 a) after the four–month measurement campaign at the University of Magallanes.

Figure 2.6 shows impressions of the cruise from Punta Arenas (7 April 2010, ANT-XXVI/4)

back to Bremerhaven. The container was lighted at the harbour of Bremerhaven in the

Figure 2.5: Map of the three meridional transatlantic cruises of Polarstern. The first cruise

started at Bremerhaven and ended at Punta Arenas (yellow line, fall 2009, ANT-XXVI/1). The

second was from Punta Arenas back to Bremerhaven (blue line, spring 2010, ANT-XXVI/4). For

the third cruise Polarstern departed from Bremerhaven and arrived at Cape Town (green line,

fall 2010, ANT-XXVII/1). The lidar field sites of Punta Arenas and Stellenbosch in the southern

hemisphere are indicated by red stars.
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Figure 2.6: Impressions from the research vessel cruise April–May 2010. (a) Mounting the

lidar at the pier of Punta Arenas on 7 April 2010. (b) Lightning of OCEANET–Atmosphere at

Bremerhaven at the end of the cruise on 17 May 2010. (c) Heavy sea with up to 8 m groundswell

and over 28 m s−1 wind speed producing sea spray and pitching of the ship during the travel from

Punta Arenas towards Cape Verde. (d) The scientific crew from Cape Verde to Las Palmas, the

chief scientist Arne Körtzinger (first row, left).

morning of the 17 May 2010 (Fig. 2.6 b). Figure 2.6 d shows the scientific crew of the

cruise section from Cape Verde to Las Palmas. The third cruise started in Bremerhaven

(25 October 2010, ANT-XXVII/1) towards Cape Town, South Africa (25 November 2010).

Detailed information about the scientific work and meteorological conditions at the three

transatlantic cruises are offered by the cruise reports of el Naggar and Macke [2010],

Körtzinger [2011], and Bumke [2011].
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Punta Arenas, Chile

The lidar was deployed at Punta Arenas (53◦ S, 71◦W) in late November 2009, before

Polarstern moved on to Antarctica for four month. During the Aerosol Lidar observations

at Punta Arenas in the framework of a Chilean German cooperation (ALPACA) campaign

(4 December 2009 to 4 April 2010) the lidar site was at the University of Magallanes. Punta

Arenas is situated directly at the Strait of the Magellanes (see map in Fig. 2.5). In the west

rugged spurs of the Anden Mountains and in the east grassy fields dominate the landscape.

Schneider et al. [2003] reported an annual mean temperature of about 6 ◦C and minimum

and maximum daily mean temperatures of 2.3 ◦C and 10.0 ◦C, respectively. Constant

westerly to north–westerly winds prevail through the whole year with a mean surface speed

of 4.6 m s−1, which is caused by the Antarctic low–pressure belt. Figure 2.7 shows a map of

the southern hemisphere. The most southerly continental area (except Antarctica) is the

peak of Southern America, where also Punta Arenas is located. The geopotential height1 at

500 hPa is denoted by the color code for 1 January 2010 in Fig. 2.7. Dark colors indicate

the cold low–pressure systems around the Antarctic. Air masses are advected along the

isohypses. As it is cleary shown in Fig. 2.7, the air masses that are advected to Punta

Arenas overpass no other continental areas.

L

L
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L
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570
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595

645
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ArenasArenas

Figure 2.7: Map of the southern hemisphere. The geopotential height at 500 hPa is shown by

the color code for 1 January 2010. The location of Punta Arenas is indicated by a black star. L

denotes low–pressure systems.

1Geopotential height is a vertical coordinate of a certain pressure level. Areas of same geopotential height

are indicated with isohypses [Kraus, 2004].
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Figure 2.8: Impressions from the measurement site at Punta Arenas, Chile (53◦ S, 71◦ W). (a)

Clean aerosol conditions prevail during the measurement period from 4 December 2009 to 4 April

2010. (b) Cloud layer over the plains north of Punta Arenas. (c) Installation of the portable lidar.

(d) Claudio Casiccia (left), head of the Ozone and RUV Laboratory, University of Magallanes,

and further colleagues.

Clean marine air masses dominate the aerosol conditions at Punta Arenas as indicated in

Fig. 2.8 a. However, single- and multilayered clouds also occurred frequently (Fig. 2.8 b).

Due to the heavy weight of about 700 kg the lidar had to be transported by a pallet truck

(Fig. 2.8 c) at the soft and moist ground to its position close to the main building of the

university (Fig. 2.8 d). Claudio Casiccia (head of the Ozone and RUV Laboratory, left in

Fig. 2.8 d) and staff members helped hard–charging during the installation which last three

weeks including bordering and adjustments. Claudio Casiccia and colleagues maintained

the lidar during the campaign. An intensive maintenance was carried out together with IfT

from 20 to 27 January 2010.
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Stellenbosch, South Africa

After the Polarstern cruise ANT/XXVII-1 in October–November 2010 (see Fig. 2.5), the

portable lidar was removed from the vessel in Cape Town and deployed at the Physics

department of the University of Stellenbosch (34◦ S, 19◦ E, Fig 2.9 a and b). The lidar was

mounted at the backyard of the institute (Fig. 2.9 c and d). The installations were performed

from 27 November to 5 December 2010. The Leipzig Stellenbosch cooperation close to the

Hottentotten Nature Reserve (GOPHER) campaign took place from 2 December 2010 to

13 April 2011.

Stellenbosch is located in the Winelands of South Africa about 60 km east of Cape Town

(see map in Fig. 2.5). In the east of Stellenbosch are spurs of the Drakensberg and

several nature reserves with vegetation from forest to mountain savanna (Fig. 2.9 a).

Especially during the summer season, natural forest fires occur and lead to elevated smoke

layers as visible in Fig. 2.9 a. Ulli Deutschländer (Fig. 2.9 d) maintained the lidar during

GOPHER. An intensive lidar maintenance procedure was necessary after two months of

observations (5 to 19 February 2011). Heinrich Schwoerer in Fig. 2.9 d is the head of the

Laser Research Institute and Erich G. Rohwer the head of the Physics Department. The

lidar was transported back to the harbour of Cape Town on 20 April 2011 and reinstalled

at OCEANET–Atmosphere.

Auxiliary meteorological data were offered by the university at http://weather.sun.ac.za/

with 10 min resolution. In 2010 the daily mean temperature was 20 ◦C, the daily mean

relative humidity 66%. The lowest and highest 10–min temperatures were 3.6 ◦C and

40.7 ◦C, respectively. The dominating wind direction is southwest and averaged wind speeds

of 3.5 m s−1 prevail. In this Mediterranean–like climate most of the rain occurs in winter

(May–July) [Tesfaye et al., 2011].

Figure 2.10 shows the origin of different aerosol types and favorable aerosol transport

pathways (arrows). The aerosol conditions are dominated by marine aerosol from the

oceans. About 50% of the time winds are blowing from the Atlantic. Nevertheless,

local aerosol sources of dust (savanna and Namibian desert), biomass burning (forests

and savanna), urban aerosol from industries around Pretoria and Johannesburg, and

long–range transported smoke from South America affect the aerosol conditions in South

Africa [Fishman et al., 1996; Anderson et al., 1996; Swap et al., 2003; Tesfaye et al., 2011].
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Figure 2.9: Impressions from the measurement site at Stellenbosch, South Africa (34◦ S, 19◦ E).

(a) Anthropogenic haze, smoke, and dust as well as marine aerosol were observed from 2 December

2010 to 13 April 2011. (b) Transport of the portable lidar from Stellenbosch to Cape Town. (c)

The lidar in its safety cage at the backyard of the department. (d) Ulli Deutschländer (left),

Heinrich Schwoerer (second right), Erich G. Rohwer (right) from the University of Stellenbosch,

Physics Department.
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Figure 2.10: Location of the measurement site Stellenbosch, South Africa. Arrows indicate

favorable transport paths of different aerosols types.
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Chapter 3

Lidar

3.1 PollyXT

The portable Raman and polarization lidar system PollyXT was designed for an unattended,

continuous monitoring of aerosol and cloud layers throughout the troposphere [Althausen

et al., 2009]. The optical setup of PollyXT is presented in Fig. 3.1.

Laser pulses are transmitted at 355, 532, and 1064 nm with a repetition rate of 20 Hz

by a Nd:YAG laser and second– and third–harmonic generators (E0 in Fig. 3.1). The

outgoing laser beam is expanded (E2), the light at 355 nm is linearly polarized to enable

the measurement of the cross–polarized and total backscatter signal at this wavelength.

The whole optical plane is tilted (5◦ off zenith) to avoid specular reflection by horizontally

aligned planar ice crystals which complicates cloud–phase discrimination [Westbrook et al.,

2010; Seifert et al., 2010]. The primary mirror (R1) of 300 mm diameter collects the

incoming photons. The collected backscattered light is reflected on a secondary mirror

(R2) which directs the light through the pinhole (R3). The pinhole defines the receiver

field of view (RFOV) of 1 mrad. The segregated light is collimated and transmitted by an

achromatic lens (R4) to dichroic and polarizing beamsplitters (the right part of the receiver

unit in Fig. 3.1) which split the light into the three elastically scattered wavelengths of

355, 532, and 1064 nm, the Raman–shifted wavelengths of the nitrogen molecule at 387 and

607 nm and the cross–polarized component at 355 nm. During the ALPACA campaign an

analog 532–nm channel was replaced by a second depolarization channel which measures

the cross–polarized signal component at 532 nm. After the replacement, the depolarization

channel was characterized by means of a method described by Grein [2006] at IfT in the

summer break 2010. Behind the beamsplitters interference filters are placed in front of

planconvex lenses which focus the light onto the detection area of photomultipliers. The
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Figure 3.1: Optical setup of PollyXT [adapted from Althausen et al., 2009]. E0 contains the laser

head and the second– and third–harmonic generators (Laser, SHG, THG). Prisms (E1) redirect the

beam into the beam expander (E2) and into the atmosphere. The primary mirror (R1) reflects the

collected photons onto the secondary mirror (R2), to the pinhole / fieldstop (R3), to a achromatic

lens (R4), and finally to the receiver unit (right part) which consists of the necessary beamsplitters,

filters, lenses, and photomultipliers.

photomultipliers are connected with the computer by data acquisition cards. The recorded

profiles are averaged and stored each 30 s with a range resolution of 30 m. The optical

setup was characterized by telecover tests and depolarization calibration at IfT before and

after each campaign [Freudenthaler , 2008; Grein, 2006]. In addition, PollyXT participated

in the EARLI09 [Freudenthaler et al., 2010] comparison campaign of EARLINET instru-

ments [Bösenberg et al., 2003].

A weatherproof telecommunication cabinet houses the whole optical and electronic setup.

Quartz plates in the roof separate the emitter and receiver units from the surrounding and

protect the system from pollution. The cabinet ensures temperature stability of the housed

hardware by permanent air–conditioning even in different climatic environments. The quartz

plates themselves are protected from rain by a roof cover which is closed during rain mode

and controlled by a mounted precipitation sensor. The computer controls the entire lidar

including the laser power supply and the data acquisition. Thus, it is possible to monitor

the whole system by remote desktop via internet from anywhere in the world. The perma-

nent internet connection is also used to upload the data to IfT for quicklook presentation

at http://polly.tropos.de and back–up management. Simultaneous recording of temperature,

pressure, and humidity allows data analysis by using standard atmospheric assumptions [Ans-

mann et al., 1992].
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Inside the OCEANET container PollyXT is mounted on four swinging isolators to protect the

sensible optics and electronics from ship vibrations caused by the ship’s engine and propeller

as well as the scending during heavy sea. Two quartz plates were installed in the roof of the

container parallel to the quartz plates of PollyXT. After the first two cruises the angle of the

quartz plate mounting in the container roof was increased from 4◦ to 14◦ so that droplets

can run off the plates. Further, an automatic cleaning system was added which keeps the

quartz plates free from sea spray and dust. In 2011 a removable pneumatic lifting arm was

mounted on the roof of the container to open the lidar’s sheet remotely. Both wash system

and the pneumatic lifting arm can be controlled automatically from PollyXT. In addition,

the data acquisition of PollyXT was equipped with a position sensor which measures pitch

and roll permanently to validate the data sets and to remove potential undesired effects of

ship movements on the measured lidar profile.

3.2 Data analysis

3.2.1 Lidar equation

The basic equation of all lidar applications is the so–called lidar equation:

P (R, λ) = P0(λ)∆RAη
O(R)

R2

×
[
βmol(R, λ) + βpar(R, λ)

]
exp

{
−2

∫ R

0

[
αmol(r, λ) + αpar(r, λ)

]
dr

}
.

(3.1)

An emitted laser pulse of the power P0 at wavelength λ is backscattered within a range cell

∆R centered in the range R. The range cell is given by c∆t
2 with the velocity of light c

and the pulse length ∆t. The backscatter coefficient β(R, λ) describes the amount of light

which is scattered by aerosols (par) and molecules (mol) at 180◦ and detected with the

telescope mirror of the area A and an overall system efficiency η. Along the atmospheric

pathway light gets lost due to absorption and scattering by particles and molecules. α(r, λ)

is the respective extinction coefficient. O(R) describes the overlap of the laser beam with

the RFOV [Wandinger and Ansmann, 2002]. O(R = 0) = 0, and full overlap O(R) = 1

is usually given at ranges R > 1.5 km for PollyXT. Detailed information is provided by

Wandinger [2005a].

The molecular backscatter and extinction coefficients (βmol, αmol) can be calculated for

given profiles of temperature and pressure [Bucholtz , 1995]. To derive βpar and αpar two

approaches are used in the framework of this thesis to solve the lidar equation (3.1).
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3.2.2 Klett–Fernald method

The first approach is based on the assumption of a relationship between βpar and αpar. This

is the extinction–to–backscatter ratio or lidar ratio (Spar) of the scattering particles:

Spar(R) =
αpar(R)

βpar(R)
. (3.2)

Spar depends on the observed wavelength and aerosol type (shape, size, composition). Thus,

it can change with height, if multi–layered aerosol or different aerosol types or mixtures occur.

The assumption of a constant lidar ratio can introduce large errors of 100% or more [Sasano

et al., 1985]. After Klett [1981] and Fernald [1984] for a given Spar Eq. (3.1) can be solved

for βpar:

βpar(R) = −βmol(R) +
A(R0, R)

B(R0)− 2Spar
∫ R
R0
A(R0, r)dr

, (3.3)

with

A(R0, R) = P (R)R2exp

[
−2(Spar − Smol)

∫ R

R0

βmol(ξ)dξ

]
(3.4)

and

B(R0) =
P (R0)R2

0

βpar(R0) + βmol(R0)
. (3.5)

Within Eq. (3.4) the extinction–to–backscatter ratio of air Smol = 8π
3 K is used, with

the King factor K [Collis and Russell , 1976]. For simplicity, laser light with a specific

wavelength, a full overlap (O(R) = 1), and a system term ∆RAη = 1 were assumed.

3.2.3 Raman method

The second approach is based on the additionally measured Raman signals of nitrogen during

nighttime. The lidar equation for Raman backscattering at wavelength λRa is:

P (R, λRa) = P0∆RAη
O(R)

R2
βRa(R, λ0)

×exp

{
−
∫ R

0

[
αpar(r, λ0) + αmol(r, λ0) + αpar(r, λRa) + αmol(r, λRa)

]
dr

}
.

(3.6)
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From the Raman lidar equation (3.6) the extinction can be computed directly [Ansmann

et al., 1990]:

αpar(R, λ0) =

d
dR ln NRa(R)

P (R,λRa)R2/O(R)
− αmol(R, λ0)− αmol(R, λRa)

1 +
(
λ0
λRa

)Åα . (3.7)

NRa is the number density of nitrogen molecules and can be calculated for given temperature

and pressure profiles [Bucholtz , 1995]. The Ångström exponent Åα is given in Eq. (3.10).

From two lidar equations, one for elastic backscattering (Eq. (3.1)) and one for Raman

backscattering (Eq. (3.6)) the particle backscatter coefficient is obtained by means of [Ans-

mann et al., 1992]

βpar(R, λ0) =− βmol(R, λ0) +
[
βpar(R0, λ0) + βmol(R0, λ0)

]
× P (R0, λRa)P (R, λ0)NRa(R)

P (R0, λ0)P (R, λRa)NRa(R0)

×
exp

{
−
∫ R
R0

[
αpar(r, λRa) + αmol(r, λRa)

]
dr
}

exp
{
−
∫ R
R0

[αpar(r, λ0) + αmol(r, λ0)] dr
} .

(3.8)

The intensity of Raman scattered light is much lower than the intensity of Rayleigh

scattering. Thus, the detection of Raman signals is restricted to nighttime when background

noise is minimized. However, the main advantage of the Raman method is the direct

determination of the particle extinction coefficient and thus the independent determination

of Spar to characterize aerosol types [Müller et al., 2007].

Both presented approaches require a reference value βpar(R0) which has to be estimated

at the reference height (R0). This is done at aerosol and cloud–free heights of the free

troposphere where βpar(R0) � βmol(R) for λ ≤ 532 nm [Ansmann, 2002]. Further details

are explained by Ansmann and Müller [2005].

Besides Spar, the depolarization ratio (next section) and the Ångström exponent are useful

for the determination of the aerosol type. The Ångström exponent (Å) describes the spectral

slope of a quantity [Ångström, 1929]. Å is large for fine–mode particles (sulfates) and small

for coarse–mode particles like dust [Müller et al., 2007]. The respective Å of the backscatter

coefficient β measured at the two wavelengths λ1 and λ2 is [Ansmann et al., 2002]:

Åβ,λ1,λ2(R) = − ln [βλ1(R)/βλ2(R)]

ln(λ1/λ2)
. (3.9)
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For the extinction coefficient α

Åα,λ1,λ2(R) = − ln [αλ1(R)/αλ2(R)]

ln(λ1/λ2)

= − ln {[βλ1(R)Sλ1(R)] / [βλ2(R)Sλ2(R)]}
ln(λ1/λ2)

= Åβ,λ1,λ2(R) + ÅS,λ1,λ2(R)

(3.10)

and for the lidar ratio S

ÅS,λ1,λ2(R) = − ln [Sλ1(R)/Sλ2(R)]

ln(λ1/λ2)
. (3.11)

3.2.4 Depolarization ratio

Lidars provide also information about the sphericity of the scattering particles, if

polarization–sensitive measurement channels are used [Sassen, 2005]. Transmitted linearly

polarized laser light P0,‖ is depolarized by non–spherical scatterers (ice crystals, dust par-

ticles), which cause a significant cross–polarized (⊥) signal component that arrives at the

telescope (Tel) of the lidar,

P (R)Tel
⊥ = P0,‖∆RA

O(R)

R2
β⊥(R)exp

[
−
∫ R

0
α⊥(r) + α‖(r)dr

]
, (3.12)

besides the co–polarized signal (‖)

P (R)Tel
‖ = P0,‖∆RA

O(R)

R2
β‖(R)exp

[
−2

∫ R

0
α‖(r)dr

]
. (3.13)

The volume linear depolarization ratio δvol(R) is defined as [Sassen, 2005]:

δvol(R) =
PTel
⊥ (R)

PTel
‖ (R)

=
β⊥(R)

β‖(R)
=
βpar
⊥ (R) + βmol

⊥ (R)

βpar
‖ (R) + βmol

‖ (R)
, (3.14)

under the assumption of α‖ = α⊥.

Instrumental effects cause the detection (Det) of co–polarized and cross–polarized compo-

nents of the received light with the power P (R)Det [Grein, 2006]:

P (R)Det = ηDet
‖ P (R)Tel

‖ + ηDet
⊥ P (R)Tel

⊥ , (3.15)

with the efficiencies ηDet‖,⊥ for both polarization planes. Hence, the incomplete attenuation

of the unwanted polarization component between the telescope and the detector has to
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be considered in the determination of δvol(R), which is done with the transmission ratio

DDet = ηDet
‖ /ηDet

⊥ . DDet is determined by the depolarization calibration of Grein [2006] and

described in detail in Baars [2012]. The rearrangement of Eq. (3.14) and (3.15) for the total

(P t(R)) and cross–polarized signals (P c(R)) as detected with PollyXT yields:

δvol,tc(R) =
Ctc − υtc(R)

Dcυtc(R)
−DtCtc, (3.16)

with

υtc(R) =
P t(R)

P c(R)
and Ctc =

ηt‖

ηc‖
.

ηt‖ and ηc‖ are the corresponding efficiencies for the co–polarized component of P t(R) and

P c(R). In particle–free heights Ct,c can be determined, where δvol(R0) = δmol. δmol is

sensitive to the band with of the interference filter and the temperature [Behrendt and Naka-

mura, 2002; Wandinger , 2005b]. A detailed description of calculations with respect to the

depolarization measurements of PollyXT can be found in Baars [2012]. Layers dominated by

spherical scatterers show δvol ≈ 0, layers dominated by non–spherical scatterers give δvol > 0.

To get an intensive quantity of the scattering volume the particle linear depolarization ratio

δpar(R) = βpar
⊥ (R)/βpar

‖ (R) has to be distinguished from the molecular linear depolarization

ratio δmol(R) = βmol
⊥ (R)/βmol

‖ (R). Rearranging Eq. (3.14) under consideration of βmol,par =

βmol,par
⊥ + βmol,par

‖ = βmol,par
‖ (1 + δmol,par) gives:

δpar(R) =
βpar
⊥ (R)

βpar
‖ (R)

=
(1 + δmol)δvol(R)β

mol+βpar(R)
βmol(R)

− (1 + δvol(R))δmol

(1 + δmol)βmol(R) + βpar(R)βmol(R)− (1 + δvol(R))
. (3.17)

δpar allows the distinction of various aerosol types and the separation of spherical and

non–spherical scattering compounds in mixed layers [Tesche et al., 2009; Ansmann et al.,

2011b; Groß et al., 2011a].

3.2.5 Multiple scattering

When large particles are present in an aerosol or cloud layer the probability increases that

photons experience multiple scattering events before they are backscattered to the lidar

receiver. Especially in liquid–water clouds which typically feature high concentrations

(N > 100 cm−3) of large droplets (d > 5 µm) the probability of forward scattering increases

[Liou and Schotland , 1971; Wandinger , 1998]. Forward–scattered photons that remain
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in the RFOV can be backscattered in a subsequent scattering process (at angles 6= 180◦)

and be detected. As a result the observed extinction coefficient is underestimated and the

lidar ratio decreases [Bissonnette, 2005; Wandinger , 1998; Seifert et al., 2007]. Also the

polarization direction changes in the case of multiple scattering by liquid–water droplets

because δpar = 0 is only valid for backscattering at exactly 180◦. For small angular

deviations from 180◦, as it is the case during multiple–scattering events, the depolarization

ratio increases [Bissonnette, 2005]. Seifert [2010] discussed the depolarization effect of

multiple scattering in water clouds in detail. The depolarization ratio increases almost

linearly with increasing penetration depth into the cloud layer from δvol ≈ 0 at cloud base

to δvol ≈ 0.15 − 0.25. Sassen and Petrilla [1986] as well as Ansmann et al. [2009] observed

δvol > 0 in liquid–water clouds (marine stratus and altocumulus) for a RFOV of 1.0 mrad

and 0.8 mrad, respectively.

A detailed overview about the lidar technique is given by Wandinger [2005a,b]; Ansmann

and Müller [2005]; Sassen [2005]; Bissonnette [2005]. Data correction and error analysis is

intensively discussed in Sasano et al. [1985]; Ansmann et al. [1992]; Grein [2006]; Freuden-

thaler et al. [2009]; Tesche [2011]; Groß [2011]; Baars [2012]. The respective data evaluation

algorithms are consequently applied in the frame of this thesis.
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Chapter 4

Supplementary data sources

A variety of further instruments and methods were applied for the data analysis. The most

important ones are introduced briefly in the following.

4.1 Instruments of OCEANET–Atmosphere

In the framework of OCEANET radiation measurements were performed aboard Polarstern

and with MSG from space [Schmetz et al., 2002]. The liquid water path (LWP) as well

as temperature and humidity profiles were determined with the microwave radiometer

HATPRO [Rose et al., 2005]. These data were used in the analysis of the lidar data.

The LWP is determined by microwave radiometer with a temporal resolution of 2 s during

the whole cruise. Temperature and humidity profiles up to 10 km height were averaged

along the time period of interest to increase the signal–to–noise ratio [Rose et al., 2005].

Radiation measurements were performed in the solar range between 305 and 2800 nm with

the pyranometer Kipp & Zonen CM21 after ISO9060 with an uncertainty of ±2% each

second [Kipp & Zonen, 2004, manual]. Because the usual uncertainty is determined under

favorable conditions the error was increased to ±4% because of the ship movements and the

effect of the ship’s superstructure, e. g., the crow’s nest [Kalisch, 2011]. The skyimager took

four pictures of the hemisphere above OCEANET–Atmosphere each minute at daytime.

The pictures yield the information about cloud coverage, cloud type, and the atmospheric

state [Kalisch, 2011].
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4.2 Sun photometer

In the framework of the Maritime Aerosol Network (MAN1) a number of research vessels,

among them the Polarstern, are equipped with handhold Sun photometers (Microtops)

to measure the spectral aerosol optical thickness (AOT) above the oceans [Morys et al.,

2001; Porter et al., 2001; Smirnov et al., 2009]. AOT is observed at 340, 440, 500, 675,

and 870 nm. The particle AOT is defined as the particle extinction coefficient integrated

over the vertical column. The derived AOT provides valuable information for the lidar data

analysis. In this study the cloud–screened and quality–assured level 2 data was used.

4.3 Cloud–Aerosol Lidar with Orthogonal Polarization (CALIOP)

In April 2006 the Cloud–Aerosol Lidar and Infrared Pathfinder Satellite Observations

(CALIPSO) application, a project of the National Aeronautics and Space Administration

and Centre National d’Etudes Spatiales was successfully launched and placed into the

Afternoon–Train constellation. The satellite is located in an altitude of about 705 km

and circles around the globe in a polar orbit within 99 minutes at a velocity of 7 km s−1.

CALIPSO overpasses the same location each 16th day. CALIOP is aboard the CALIPSO

satellite [Winker et al., 2007]. The dual–wavelength backscatter lidar measures backscatter

profiles at 532 and 1064 nm, and depolarization at 532 nm. Due to the optical setup

the footprint of the laser beam is 70 m in diameter at the ground. The velocity of

the satellite and the laser pulse repetition rate of 20.16 Hz determine the distance of

330 m between two laser shots. The vertical resolution is 30 m in the troposphere. The

data of CALIOP is processed automatically by an algorithm that is explained in detail

in a special issue of the Journal of Atmospheric and Oceanic Technology [Winker et al., 2009].

In terms of CALIOP, it is common to obtain the attenuated backscatter (β∗). By rearrange-

ment of the lidar equation (3.1) (Sec. 3.2) to the range–corrected signal PR2, divided by the

system and geometric constants (summarized in C), the attenuated backscatter is given as

β∗ =
PR2

C
= βτ2, (4.1)

where τ is the atmospheric transmission (exp
[
−
∫
α(r)dr

]
). The attenuated backscatter

differs from the backscatter coefficient only by the transmission.

1Information and data available at http://aeronet.gsfc.nasa.gov/new web/maritime aerosol network.html
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It is worth to mention that the calculation of the level 2 data (backscatter coefficient,

extinction coefficient) is based on the region that is overpassed (latitude, longitude), the

surface type, and probability density functions of properties of clouds and aerosols. After

final data processing profiles of particle backscatter and extinction coefficients are stored

(height resolution of 60 m and horizontal averaging as function of aerosol/cloud conditions

from 1/3 to 80 km [Powell et al., 2011]) and freely available. These profiles have been

validated, e. g., with ground–based lidar [Anderson et al., 2003; Pappalardo et al., 2010;

Wandinger et al., 2010] and are widely used in atmospheric science. The data of CALIOP

observations are provided by the National Aeronautics and Space Administration (NASA)

Langley Research Center, Atmospheric Science Data Center2 and will also be used in this

work (Chapter 5).

4.4 Radiosonde meteorological data

During the cruises of Polarstern daily radiosonde launches (VAISALA, RS92) were per-

formed by the vessel’s own meteorological station to obtain profiles of the meteorological

standard properties pressure, temperature, and humidity from the heliport (10 m asl)

up to heights of 15–37 km. All soundings are stored in the meteorological information

system at AWI3. At Punta Arenas daily 12:00 UTC radio soundings from the airport

were used if available from the data archive of the University of Wyoming4. The profile

information of temperature and pressure is necessary to calculate the Rayleigh scattering

in the atmosphere for the lidar data analysis. Further, the temperature profiles are used

to determine cloud top temperatures to investigate heterogeneous ice nucleation in Chapter 7.

4.5 Global data assimilation system (GDAS) meteorological data

At Stellenbosch a close–by radiosonde launch site is missing. Instead, data of the U. S.

National Weather Service’s National Center for Environmental Prediction was used that

is based on GDAS5 [Kanamitsu, 1989]. For a horizontal grid of 1◦ × 1◦ meteorological

standard properties are stored in the GDAS1 data set which contains 23 vertical layers up

to about 30 km height and is available every 3 hours.

2Information and data are available at http://eosweb.larc.nasa.gov/PRODOCS/calipso/table calipso.html
3Information and data are available at http://www.pangaea.de/search?q=event:Polarstern+Radiosonde
4Data available at http://weather.uwyo.edu/upperair/sounding.html
5Information and data of the GDAS archive available at: http://www.arl.noaa.gov/gdas.php
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The GDAS1 data were also used to cover periods of missing radio soundings aboard

Polarstern and at Punta Arenas. An analysis of the model–derived temperatures and

temperatures from launched radiosondes (daily) show a mean difference and a standard

deviation of 0.2 ± 0.8 K (Polarstern, for the three cruises), −0.2 ± 1.2 K (Punta Arenas,

December 2009 to April 2010), and −0.3 ± 2.2 K (Stellenbosch, December 2010 to April

2011) in the height range from 2 to 11 km (see Appendix A).

4.6 Source apportionment

Air–mass transport analysis was partly based on Flexible Langrangian Particle Dispersion

Model (FLEXPART) runs [Stohl et al., 2005]. It simulates long–range and mesoscale trans-

port, as well as diffusion by resolved wind information and parameterized subgrid motions.

The model uses archived meteorological data with a temporal resolution of 6 hours and

a horizontal resolution of 1◦ × 1◦ provided by the Computational & Information Systems

Laboratory that is managed by National Center for Atmospheric Research data support6.

FLEXPART offers daily and cumulative snapshots of a density distribution of backward tra-

jectories of 50.000 air parcels whose anchor points are distributed in the altitude range of

interest above the observation site. For statistic approaches in Sec. 7.2 backward and for-

ward trajectories were also calculated with the Hybrid Single–Particle Lagrangian Integrated

Trajectory (HYSPLIT) model [Draxler and Rolph, 2003]. The local dust load in the area of

Polarstern was estimated by Dust Regional Atmospheric Model (DREAM) [Nickovic et al.,

2001] computations7.

4.7 Library Radiative–Transfer (libRadtran)

As one of a few available radiative–transfer models the UVSPEC program [Kylling , 1992] of

the libRadtran library version 1.6–beta was chosen to calculate the broadband solar down-

ward and upward irradiances at the surface and TOA to derive the solar aerosol radiative

effect [Mayer and Kylling , 2005]. The libRadtran library includes the discrete ordinate solver

DISORT version 2.0 [Stamnes et al., 1988] and the spectral integration by the correlated–k

approximation [Kato et al., 1999]. DISORT was applied with sixteen streams with respect

to the built–in bidirectional reflectance distribution function (BRDF) [Cox and Munk ,

1954a,b; Bellouin et al., 2004] for the surface albedo. The dependence of the surface albedo

6Information is given at http://dss.ucar.edu/datasets/ds083.2/
7Information and data available at http://www.bsc.es/projects/earthscience/DREAM
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on the 10–m surface wind speed and salinity was considered whenever data was available8.

Solar zenith angles were determined from position and time [Blanco-Muriel et al., 2001].

Particle and cloud–free atmospheric conditions were described with standard atmospheres

implemented in libRadtran [Anderson et al., 1986] regarding trace gases and radiosonde or

GDAS1 profiles of pressure, temperature, and relative humidity. Vertically resolved aerosol

conditions were included in terms of the lidar–derived extinction profiles. Single–scattering

albedo (SSA) and asymmetry parameter (g) were taken from the literature [Heinold et al.,

2011; Müller et al., 2011]. The vertical model grid was set to the maximum resolution of

0.1 km below 6 km and 1 km above to use the lidar–derived extinction profiles which were

downscaled to the grid. The comparisons to MSG and pyranometer measurements were

performed in the spectral range from 340 to 4000 nm and from 305 to 2800 nm, respectively.

8Information and data available at http://dship.awi.de/
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Chapter 5

Vertically resolved aerosol

characterization above the North and

South Atlantic

One goal of OCEANET is a systematic height–resolved characterization of aerosols above the

Atlantic. The achievements made in this respect are presented in the following chapter. First,

a review of aerosol–related field experiments with shipborne measurements will be presented

in Sec. 5.1. Sun photometer measurements performed in the framework of the MAN as part

of the AErosol RObotic NETwork (AERONET) will be introduced, because MAN started

the first long–term shipborne aerosol observations in October 2004. Afterwards, observed

case studies will be presented in detail in Sec. 5.2. At the end of this chapter, a statistical

analysis will summarize the general findings in Sec. 5.3.

5.1 Introduction

The vast, hardly accessible oceans embodied a barely characterized area in atmospheric

science until the end of the 1960s. First investigations were based on in–situ observations

within the Marine Boundary Layer (MBL) [Fitzgerald , 1991; Heintzenberg et al., 2000;

Smirnov et al., 2002] and until today information about the aerosol distribution in the

atmosphere over the ocean is rare. Generally, the size distribution of the particles in

the clean MBL is characterized by a sulfate fine mode and a sea–salt coarse mode. The

fine mode represents about 90%–95% of the aerosol particle number but only 5% of the

total aerosol particle mass [Hoppel et al., 1990]. The fine–mode particles are suggested

to originate mostly from gas–to–particle conversion of freshly emitted dimethyl sulfate

(DMS) [Hoppel et al., 1990]. Modeling studies estimated emissions of 17.6–34.4 Tg DMS per
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year [Lana et al., 2011]. The DMS emissions show a clear dependence on surface wind speed

and marine biological activity. Nonprecipitating MBL clouds play an important role in

shaping the fine–mode aerosol size distribution in the MBL. Freshly formed aerosol particles

that grow to CCN size of around 0.04 µm radius undergo 10–20 cloud cycles within 3–10

days until they deposit [Hoppel et al., 1990]. Within every cycle of cloud evaporation and

condensation the particles change in composition and size.

The concentration of coarse–mode sea–salt particles depends mainly on wind speed which

determines the strength of sea spray and thus the production of aerosols by bubble bursting

at white caps. For wind speeds exceeding 15 m s−1 concentrations of 50 µg m−3 were

measured [Fitzgerald , 1991; Gong , 2003; Kiliyanpilakkil and Meskhidze, 2011]. Sea salt

accounts for about 44% of the global AOT [O’Dowd and de Leeuw , 2007; Gong , 2003].

The omnipresence of sea salt above the oceans also explains its leading importance in the

radiative budget for the clear–sky ocean [Haywood et al., 1999]. Only in the latitudinal belt

of 0◦ to 30◦N crustal material exceeds the mass concentration of sea–salt aerosol due to

constant emissions from the subtropical African continent [Heintzenberg et al., 2000].

A systematic global mapping of aerosols above the oceans started with the first spaceborne

aerosol observations in the 1970s. An algorithm for the Total Ozone Mapping Spectrometer

(TOMS) aboard the Nimbus 7 satellite has enabled the detection and quantification of

absorbing aerosols since 1978, and allowed the first continuous observation of the global

aerosol distribution [Herman et al., 1997; Torres et al., 1998; Prospero et al., 2002]. TOMS

observations provide only column–integrated information about absorbing aerosols in the

UV spectral range from 340–380 nm [Prospero et al., 2002]. In the 1990s a variety of satellite

sensors were developed and permitted an improved particle characterization on a global

scale. The mean AOT (500 nm) above the oceans was determined, e. g., with the Moderate

Resolution Imaging Spectroradiometer (MODIS), the Sea–viewing Wide field–of–view

sensor (SeaWifs), or the Advanced Very High Resolution Radiometer (AVHRR–2) to be in

the range of 0.10–0.16 at 550 nm [Remer et al., 2008; Myhre et al., 2005]. However, AOTs of

about 0.2 were determined by the Multi–angle Imaging SpectroRadiometer (MISR) [Myhre

et al., 2005].

Continuous ground–based aerosol observations within AERONET have been performed at

single islands since June 1994, when observations were started at Mauna Loa, Pacific [Holben

et al., 1998; Holben et al., 2001]. A comparison between observations on islands showed

values of the AOT at 500 nm from 0.13–0.14 to 0.07–0.08 over the Atlantic and the Pacific,
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respectively [Smirnov et al., 2002]. While over the Pacific clean marine conditions prevail,

mixed marine conditions increase the AOT above the Atlantic. However, the island–based

observations were not able to cover the oceans satisfyingly. Large progress was achieved with

the introduction of the handhold Microtops Sun photometer observations that have been

used aboard research vessels to determine the AOT above the oceans in the framework of

MAN since October 2004 [Morys et al., 2001; Knobelspiesse et al., 2004; Smirnov et al., 2009,

2011]. In Fig. 5.1 mean 500–nm AOT of all currently available Microtops measurements

of the years 2004 − 2011 above the Atlantic are shown as a function of latitude. The

presented AOT distribution is dominated by the peak in the latitudinal belt between 15◦

and 30◦N that is caused by dust emissions in the Saharan region [Heintzenberg et al.,

2000]. For latitudinal belts of 60◦–30◦N, 30◦N–30◦ S, and 30◦–60◦ S the mean AOT is 0.13,

0.2, and 0.07, respectively. A more detailed analysis for the tropics yields AOTs of 0.22,

0.27, 0.12, and 0.09 for the latitudinal belts 30◦–15◦N, 15◦N–EQ (equator), EQ–15◦ S, and

15–30◦ S, respectively. The mean AOT above the Atlantic is about 0.14 which is comparable

to calculations of Smirnov et al. [2009]. Smirnov et al. [2009] determined a mean AOT

of 0.19 above the Atlantic and of 0.11 above all oceans. The handhold Sun photometer

observations showed that AOT determined with MODIS are overestimated above regions

with surface wind speeds above 6 m s−1 and underestimated for wind speeds below 6 m s−1.

Probably, this finding is caused by a general assumption of constant ocean surface wind

speed of 6 m s−1 [Adames et al., 2011]. Further satellite measurement validation is presented

in Smirnov et al. [2011].

The global mean AOT above the oceans does not represent the AOT of the MBL alone.

The MBL typically extends to 300−900 m height [Franke et al., 2001; Sugimoto et al., 2001;

Wulfmeyer and Janji , 2005; Groß et al., 2011a]. As Fig. 5.1 already showed, the AOT is also

influenced by aerosol particles originating from continental sources such as the large deserts,

areas with systematic biomass burning, and highly industrialized regions (North America,

Europe, East Asia). However, frequently these aerosols occur as lofted, free–tropospheric

layers that account for 30%–60% of the column–integrated AOT [Ansmann et al., 2001;

Franke et al., 2003]. Thus, they are subject to long–range transport over the oceans. The

long residence time of these lofted layers, their relevance for the evolution of clouds and

precipitation, and their impact on radiative fluxes motivated a number of closure field

campaigns in oceanic and coastal regimes (ACE 1 [Bates et al., 1998], TARFOX [Russell

et al., 1999], ACE 2 [Russell and Heintzenberg , 2000], INDOEX [Ramanathan et al., 2001],

ACE–Asia [Huebert et al., 2003], SAFARI 2000 [Swap et al., 2003], ABC [Nakajima et al.,

2007], and SAMUM–2 [Ansmann et al., 2011a]).
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Figure 5.1: Latitudinal distribution of determined mean aerosol optical thickness and its stan-

dard deviation at 500 nm in steps of 5◦ above the Atlantic from October 2004 to June 2011 in the

framework of MAN. The right column shows the number of observations in steps of 20◦ [Smirnov

et al., 2009, updated].

Lidars became more and more involved in these intensive field campaigns to provide

vertically resolved aerosol observations in the MBL as well as of the lofted layers [Sugimoto

et al., 2001; Groß et al., 2011a]. Ansmann et al. [2001], Groß et al. [2011a], and Groß et al.

[2011b] determined extinction–to–backscatter ratios (532 nm) of 22.5 ± 2.5, 18 ± 1 sr, and

19 ± 2 sr, respectively, for marine aerosol and subsequently concluded from the measured

profiles of the particle backscatter coefficient that the AOT (532 nm) of a clean marine MBL

is about 0.05. This value agrees well with the presented MAN observation in the latitudinal

belt from 30◦–60◦ S and with the mean AOT (0.06 at 500 nm) of the Southern Ocean which

is almost not affected by continental aerosol particles [Smirnov et al., 2009]. However, the

high AOT at latitudes >60◦N in Fig. 5.1 cannot be explained by marine particles alone, and

probably results from the impact of the intercontinental aerosol transport in the northern

hemisphere [Mattis et al., 2008; Mattis et al., 2010].

Although complex closure campaigns provided detailed insights into the aerosol properties

and the impacts of aerosols on climatically relevant processes above the oceans, the findings

are representative for certain areas only. To obtain a vertically resolved, global view on

the aerosol distribution, a spaceborne lidar is required. Consequently, CALIPSO was
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launched in April 2006 [Winker et al., 2007] (see Sec. 4.3). CALIOP, the dual–wavelength

backscatter lidar aboard CALIPSO, provides worldwide observations of lofted aerosol and

cloud layers, e. g., cross sections along major advection tracks from the west coast of Africa

to the Caribbean or from Patagonia to Antarctica [Liu et al., 2008b; Nowottnick et al.,

2011; Johnson et al., 2011]. Kiliyanpilakkil and Meskhidze [2011] determined a global

mean AOT of 0.052 ± 0.038 caused by clean marine aerosol from CALIOP observations

at 532 nm in agreement with the discussions above. But the satellite revolves around the

earth with a speed of 7 km s−1 and performs measurements with a spatial resolution of

5 km [Kacenelenbogen et al., 2011]. The same footprint is observed every 16th day which

inhibits the observation of short–term developments and atmospheric processes such as

cloud evolution or the diurnal cycle of the boundary–layer development. Comparisons

between MODIS and CALIOP show an uncertainty in AOT of 0.03 to 0.04 [Redemann

et al., 2011]. Reasons are probably the general assumption of a fixed lidar ratio in the

data analysis of measurements of the simple backscatter lidar CALIOP [Sasano et al.,

1985] or the general assumption of constant surface wind speeds of 6 m s−1 to derive

look–up tables of reflectance for MODIS retrievals [Levy et al., 2003; Redemann et al., 2011;

Kiliyanpilakkil and Meskhidze, 2011]. Another, often ignored effect is multiple scattering.

Wandinger et al. [2010] showed that CALIOP underestimates extinction coefficients up to

about 30% in the case of Saharan dust plumes over the North Atlantic due to ignoring

the significant multiple–scattering effects caused by forward scattering of large dust particles.

Attempts to characterize the aerosol distribution over the ocean with shipborne lidars started

in the 1990s. Single–wavelength micropulse lidars (MPL, [Spinhirne et al., 1995; Camp-

bell et al., 2002]) were used during field campaigns like INDOEX [Welton et al., 2002],

ACE 2 [Welton et al., 2000], ACE–Asia [Schmid et al., 2003], SAFARI 2000 [Campbell et al.,

2003], or during a meridional Atlantic cruise of the RV Ron Brown in the framework of

AEROSOL99 [Bates et al., 2001]. Several cruises of the RV Mirai were used to perform

dual–wavelength backscatter (532 and 1064 nm) and polarization lidar measurements from

1999 to 2001 in the northern west Pacific region [Sugimoto et al., 2000; Sugimoto et al.,

2001]. Recently, a single backscatter and polarization lidar aboard the RV Marion Dufresne

observed mixed layers of marine and biomass–burning aerosol in an altitude of about 3 km

height at the west coast of South Africa during the Kerguelen Aerosol Measurement from

African Sources and plUmes Trajectory Reverse Analysis (KAMASUTRA) campaign [Duflot

et al., 2011].
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The first lidar aboard Polarstern was set up during the Latitudinal Distribution and

Middle Atmospheric Structure (LADIMAS) campaign (October 1991 to January 1992).

The Lidar Atmospheric Measurements Program (LAMP) backscatter lidar (355, 532, and

1064 nm) observed the latitudinal distribution of the stratospheric Mt. Pinatubo plume.

The highest backscatter intensities were found between 24◦N and 16◦ S and from 22 to

27 km height [Philbrick et al., 1992; Stevens et al., 1994]. The Mobile Aerosol Raman Lidar

(MARL) was deployed at Polarstern in 1996 and 2000. Beyerle et al. [1998] investigated

tropical subvisible cirrus clouds, that were defined by an optical thickness smaller than

0.03 [Sassen et al., 1989]. During 40 h (72%) of the measurement time cirrus clouds were

detected. 41% of the cirrus clouds were subvisible. The authors reported that no clouds

were observed above 16 km height. During the cruise in 2000 two Saharan dust plumes were

observed [Immler and Schrems, 2003]. They extended from 2–6 km and from 2–4 km height.

This range was below the height of complete overlap of the laser beam and the receiver

field of view of MARL which was designed for observations of the upper troposphere and

stratosphere only.

Even though shipborne lidar observations have been performed since about 20 years, mostly

simple backscatter lidars were used for continuous operation. Such systems however require

assumptions on the lidar ratio in the data analysis in order to obtain the radiation–relevant

particle extinction coefficient or the AOT. Tropospheric observations with Raman lidar or

high–spectral–resolution lidar would be desirable to gain improved knowledge on aerosol

extinction over the oceans as it was suggested by the GAW Aerosol Lidar Observation Net-

work (GALION) initiative [Bösenberg and Hoff , 2008]. As part of OCEANET–Atmosphere

the portable multiwavelength Raman and polarization lidar PollyXT took part at three

meridional transatlantic cruises of Polarstern in 2009 and 2010 and demonstrated its

potential for continuous long–term observations of aerosols and clouds. The results are

presented in the following.
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5.2 Case studies

5.2.1 Saharan dust

The Saharan desert covers about 40% of the African continent and is the largest desert on

Earth. It is bounded by the Sahel region, the Atlantic, the Mediterranean, and the Red Sea.

Annual precipitation ranges from 10 to 50 mm. Higher amounts of precipitation and vegeta-

tion occur only at the borders of the desert and in elevated areas like the Ahaggar Mountains.

The majority of the Saharan surface is dominated by rocks, gravel, and sand [Warner , 2004].

The soil is mobilized by surface winds [Kok , 2011; Knippertz and Todd , 2012] and suspended

into the atmosphere as Saharan dust aerosol. From satellite observations it was found that

the emissions of dust show a seasonal pattern with maximum emissions in the first half of

the year [Prospero et al., 2002; Schepanski et al., 2007]. The desert dust reaches the free

troposphere and is advected across the entire tropical Atlantic to the Caribbean [Ansmann

et al., 2009; Nowottnick et al., 2011] or across the Mediterranean and the northern Atlantic to

Europe [Müller et al., 2003; Seifert et al., 2010] as pure dust or mixed with biomass–burning

smoke [Prospero and Carlson, 1972; Liu et al., 2008b; Tesche et al., 2009; Baars et al., 2011].

At the first cruise in fall 2009 Polarstern passed the west coast of northern Africa at the

end of October. On 31 October 2009 a lofted aerosol layer was observed with PollyXT

(Fig. 5.2, bottom). The aerosol–laden air mass was separated from the MBL, which
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Figure 5.2: Top: Sun–photometer–derived aerosol optical thickness (AOT, 500 nm) and

Ångström exponent (440/870 nm) on 31 October 2009. Bottom: Height–time display of 1064–

nm range–corrected signal measured with lidar. The lidar observation was interrupted from 10:00

to 15:00 UTC due to high sun.
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Figure 5.3: Left: Map of geopotential height at 500 hPa on 31 October 2009, 0:00 UTC. Center:

FLEXPART 10–day backward simulation related to the lidar observation (Fig. 5.2) between 1200

and 2800 m height from 3:00 to 6:00 UTC on 31 October 2009. Right: Dust column–integrated

concentration at 12:00 UTC (DREAM simulation). A star in each figure indicates the position of

the RV Polarstern.

reached to heights of 500 to 800 m. The base of the lofted layer was at about 900 m, the

top at about 2.5 km. In the afternoon the clear separation of the layer from the MBL

disappeared (Fig. 5.2, bottom). Sun–photometer–derived AOT (Fig. 5.2, top) were up

to 0.54 at 500 nm and Å < 0.11 at 440/870 nm indicating the presence and dominance of dust.

Figure 5.3 (left) shows the geopotential height at 500 hPa on 31 October 2009. A high–

pressure system above the west coast of Morocco advected air masses along the western

flank of the Atlas Mountains. The Mediterranean air masses dried out and heated up

above the northern Sahara in Algeria. FLEXPART 10–day backward simulations reveal the

Saharan region as origin of the aerosol (dark red colors in Fig. 5.3, center). DREAM dust

model results show an increased column dust load above the Atlantic at the position of

Polarstern (white star in Fig. 5.3, right) by dark green coloring. According to the available

meteorological information (GDAS1, HATPRO, see Fig. 5.4 a), the relative humidity was

40%–60% in the MBL (top height at 600 m according to GDAS1) and 15%–25% in the lower

free troposphere (HATPRO, GDAS1).

Mean profiles of the particle backscatter and extinction coefficients for the time period from

3:20 to 5:20 UTC are shown in Fig. 5.4. AOT for dust was only 0.22 for the height range from

800–3000 m. The low extinction and backscatter–related Ångström exponents of 0.09± 0.16

and 0.12± 0.02, respectively, at heights from 1.1− 2.4 km also clearly indicate the presence

of Saharan dust. The backscatter coefficient at 1064 nm (red line in 5.4 b) was about 20%
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on 31 October 2009. Lidar–derived profiles of mean (b) particle backscatter coefficients, (c) particle

extinction coefficients, (d) related lidar ratios and (e) related Ångström exponents for the time

period from 3:20 to 5:20 UTC.

lower than at 532 nm, corresponding to an Ångström exponent of 0.33± 0.06 (blue curve in

Fig 5.4 e). This is in good agreement with SAMUM–1 and SAMUM–2 observations [Tesche

et al., 2009, 2011; Groß et al., 2011b]. Mean desert–dust lidar ratios of 50–60 sr at both

wavelengths are also in very good agreement with previous observations [Tesche et al., 2009,

2011; Groß et al., 2011b].

It has to be mentioned that the depolarization–dependent transmission in the 355–nm

channel could not be corrected by polarization measurements (as described in Mattis et al.

[2009]) due to a failure of the depolarization channel. Because of the good agreement

with SAMUM results, a 355–nm particle depolarization ratio of 26% [Freudenthaler

et al., 2009] was assumed to correct the 355–nm signals. After this correction of the

raw signals, the 355–nm particle backscatter coefficient was computed. The backscat-

ter coefficients as well as the respective lidar ratios are shown in Fig. 5.4, too. Again,

the agreement with findings of SAMUM is very good [Tesche et al., 2009; Groß et al., 2011b].

Three overpasses of CALIPSO occurred in the area of Polarstern on 30 October 2009 and

31 October 2009 (white lines in Fig. 5.5 c). Forward and backward trajectory ensembles
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Figure 5.5: Profiles of (a) particle backscatter coefficient and (b) extinction coefficient at

532 nm of CALIOP data subsets from 30 October 2009, 14:53 UTC (black, profiles 1686 to 1749),

31 October 2009, 03:05 UTC (cyan, profiles 2750 to 2803), and 31 October 2009, 15:36 UTC (ma-

genta, profiles 2706 to 2819), and derived with PollyXT on 31 October 2009 between 03:20 and

05:20 UTC (green). (c) Map of the overpasses of CALIPSO (thin white lines), HYSPLIT 72–hours

forward and backward trajectory ensembles starting on 31 October 2009 at 4:20 UTC (colored

lines), periods of observations of CALIOP (thick solid white lines) used for comparisons, and the

position of the RV Polarstern (red star and red arrow).

(colored lines in Fig. 5.5 c) were calculated with HYSPLIT for the analyzed aerosol layers in

Fig. 5.4 to determine CALIOP observational periods that can be used for comparisons with

the Polarstern lidar data. The CALIOP data in the range of the trajectories were selected

under the assumption of stable atmospheric conditions and under consideration of DREAM

simulations of the column dust load from 30–31 October 2009. The selected data subsets

of CALIOP are shown by thick white lines in Fig. 5.5 c. As an example, Fig. 5.6 (left)

shows the height–time display of the attenuated backscatter determined from the CALIOP

observations on 31 October 2009, 3:05–3:06 UTC. Above the surface (straight red line) a

lofted aerosol layer is observed, indicated by yellow to dark red coloring. An automatic

aerosol identification scheme is applied to the CALIOP data (Fig. 5.6, center) [Liu et al.,

2010]. The aerosol from the surface to 2.2 km height is categorized as dust and polluted

dust as indicated by yellow and brown colors in Fig. 5.6 (right) [Omar et al., 2009].

The profiles of the particle backscatter and extinction coefficients at 532 nm are presented in

Fig. 5.5 a and b, respectively. The agreement of the different observations is good, keeping the

different positions of CALIOP (laser footprint was 400–800 km west or east of Polarstern),

measurement times, and possible variations in the dust load in mind.
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Figure 5.6: Left: Attenuated backscatter coefficient at 532 nm determined from CALIOP mea-

surements on 31 October 2009, 3:05 UTC (profiles 2750 to 2803). Center: The related vertical

feature mask indicated an aerosol–free atmosphere (dark blue), clouds (cyan), aerosols (orange),

and surface (green and grey). Right: Aerosol typing after Omar et al. [2009].

5.2.2 Mixed dust/smoke layers

During the second cruise ANT-XXVI/4 extended lofted aerosol layers were observed at

the west coast of northern Africa from 8–21◦N, 23◦W (over a north–south distance of

more than 1400 km) over several days. Figure 5.7 d shows lidar measurements between

30 April 2010 and 5 May 2010 together with simultaneous Sun photometer, HATPRO, and

pyranometer measurements. Sun photometer measurements determined maximum 500–nm

AOTs of up to 0.3 on 2 May 2010 and corresponding Å < 0.3 (Fig. 5.7 a). Figure 5.7 b shows

the LWP determined with HATPRO. The curve of the LWP is in good agreement with the

lidar observations. Time periods that show MBL clouds, which totally attenuate the lidar

beam, show peaks in the LWP, e. g., during the night from 1–2 May and 3–4 May 2010. The

pyranometer measurements in Fig. 5.7 c indicate the frequent occurrence of MBL clouds,

e. g., on 1 and 4 May, and almost cloud–free conditions on 2 May. Sky images are presented

in Fig 5.8. At 12:00 UTC on 2 May 2010 cloud–free conditions are given, while on 4 May

2010 clouds were observed. Note the effect of the vessel’s superstructure.

Figure 5.9 illuminates the origin of the aerosol plumes. On 30 April 2010, 18:00 UTC

Polarstern (black star in Fig. 5.9, left) was located more than 1000 km west of an extended

area of biomass–burning activity in western Africa (Fig. 5.9, center). Marine aerosols most

probably prevailed in the MBL, whereas the lofted aerosol layer contained biomass–burning

smoke as well as desert dust (Fig. 5.9, center and right) as the SAMUM observations
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Figure 5.7: (a) Sun–photometer–derived aerosol optical thickness (AOT, 500 nm) and Ångström

exponent (440/870 nm) on 30 April 2010, (b) liquid–water path (LWP) derived from HATPRO

observations, (c) solar irradiance measured with pyranometer, (d) height–time display of the lidar

backscatter signal. Above the MBL (bottom part in red) extended aerosol layers up to 5 km are

observed (in green) over several days.
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Figure 5.8: Sky images taken on (left) 2 May 2010 at 12:00 UTC and on (right) 4 May 2010 at

18:00 UTC.
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Figure 5.9: Left: Geopotential height at 500 hPa at 18:00 UTC on 30 April 2010. Center:

Firemap derived from MODIS measurements and HYSPLIT 120–hour backward trajectories. The

observed periods are given at the bottom. Right: DREAM simulations of column dust load at

18:00 UTC. The stars indicate the position of Polarstern on 30 April 2010. The white arrow shows

the cruise track from 30 April to 5 May 2010.

show [Tesche et al., 2011; Groß et al., 2011b]. Backward trajectories are presented from

1.5 to 4.5 km height with respect to the lidar observation (Fig. 5.7 d). Only on 3 May 2010

the backward trajectories in the range from 1.5 to 2.5 km height do not cross the area of

biomass–burning activity.

Figure 5.10 presents profiles of the particle backscatter coefficient (a–c), extinction coef-

ficient (d–f), and corresponding lidar ratios (g–i), Ångström exponents (j–l), and linear

depolarization ratios (m–o), which were determined from lidar measurements between 1

and 3 May 2010. The profiles of the particle backscatter coefficient (a–c) show the layered

structure of the MBL and the lofted layers, which are already shown in Fig. 5.7 d. In the

top panel of Fig. 5.10 two lofted layers show up in the profiles of the particle backscatter

coefficient (Fig. 5.10 a) on 1 May 2010. The lower layer extends from 1.3 to 1.9 km height,

the upper layer extends from 2.4 to 3.5 km height in the time period analyzed. Mean AOTs

of 0.15 and 0.11 (355 and 532 nm) for the upper layer, and 0.08 and 0.05 for the lower

layer result from the extinction profiles. The mean lidar ratios were 61± 4 sr and 45± 11 sr

for the upper layer and 59 ± 5 sr and 45 ± 2 sr for the lower layer at 355 and 532 nm,

respectively. The mean extinction–related (355/532) and backscatter–related (355/532 and

532/1064 nm) Ångström exponents of the upper layer (lower layer) were 0.7±0.3 (1.1±0.2),

0.0 ± 0.1 (0.2 ± 0.1), and 0.9 ± 0.0 (1.0 ± 0.1), respectively. The mean particle linear
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depolarization ratio was 21% ± 2% in the upper layer and 22% ± 3% in the lower layer.

The mean lidar ratio at 355 nm is higher than the typical value for pure dust (=55 sr), and

the particle linear depolarization ratio is smaller than the pure–dust values of >26% [Groß

et al., 2011b]. Together with the high Ångström exponents with respect to the extinction

and the backscatter coefficients at 532 and 1064 nm, these values suggest a mixture of

biomass–burning smoke aerosol and dust [Tesche et al., 2011].

On 2 May 2010 only one layer, ranging from 2–5 km height, was observed above the MBL

as is shown in the center panel of Fig. 5.10 and Fig. 5.7 (bottom). The mean AOTs

were 0.22 (355 nm) and 0.20 (532 nm) and the lidar ratios were 52 ± 5 sr (355 nm) and

58 ± 12 sr (532 nm), respectively. The extinction–related Ångström exponent was 0.4 ± 0.4

as well as the backscatter–related Ångström exponent between 355 and 532 nm. The

backscatter–related Ångström exponent between 532 and 1064 nm was 0.8 ± 0.1, the linear

particle depolarization ratio was 20% ± 3%, i. e., observed elevated aerosol can be regarded

to be of the same type as observed on 1 May 2010.

The bottom panel of Fig. 5.10 shows vertical profiles of the optical properties of a new

lofted aerosol layer (Fig. 5.7) that was observed on 3 May 2010. In the time period from

6:50 to 7:45 UTC the layer extended from 1.6 to 2.9 km height. The mean AOTs of the

layer were 0.12 and 0.10 (355 and 532 nm). The mean lidar ratios were 52 ± 5 sr (355 nm)

and 46 ± 13 sr (532 nm). On average the Ångström exponents were smaller than in the

examples before. The mean extinction–related Ångström exponent was 0.4± 0.4, the mean

backscatter–related Ångströms were 0.2 ± 0.1 (355/532 nm) and 0.6 ± 0.0 (532/1064 nm).

The mean particle linear depolarization ratio was 27%±2%. The analysis of the observations

from 30 April to 5 May 2010 gives evidence that the first observed lofted layers were mixtures

of dust and biomass–burning aerosol. After Tesche et al. [2009] the fraction of dust and

biomass–burning smoke aerosol can be estimated from the particle linear depolarization

ratio [Ansmann et al., 2011b; Baars et al., 2011; Groß et al., 2011b]. By assuming a particle

linear depolarization ratio of 25%–29% for pure dust, and of 3%–5% for smoke, the first

observed lofted layers showed a smoke fraction of 10%–30%. The second lofted layer was

found to be of pure dust.

The MBL was affected by the continental aerosols, too. On 1–2 May 2010 the values of the

backscatter coefficient in the MBL were comparably high (see Fig. 5.22 below). If the usual

AOT of the MBL caused by marine aerosol is ≈0.05 at 532 nm (see below), continental

aerosol contributed with an AOT of 0.13 and 0.18 to the MBL AOT and roughly 50%
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and 40% to the backscatter coefficient on 1 May and 2 May 2010, respectively. On 3 May

2010 the MBL can be considered as pure marine (MBL AOT of 0.06). The lidar derived

AOT values of the MBL and the lofted layers are in agreement with the Sun photometer

observations (Fig. 5.7 a).

5.2.3 Patagonian dust

During the first cruise ANT-XXVI/1 below 20◦ S Polarstern changed its direction towards

south west until it reached the Strait of Magellan and finally Punta Arenas. The Strait of

Magellan is the southern boundary of the Patagonian desert. The desert is surrounded by

the Andean Mountains to the west, the Rio Colorado to the north, and the Atlantic to the

east. Its position is highlighted in Fig. 5.11 (left). Patagonia is the only desert in the high

southern latitudes. Its climate is dominated by the westerlies which have to cross the Andean

Mountains in advance. As a consequence, usually discharged clouds reach Patagonia, result-

ing in less precipitation and sparse vegetation consisting mainly of grass [Warner , 2004].

Troughs of the Antarctic low–pressure belt often force constant and strong winds which ex-

ceed 25 m s−1 and produce dust emissions from the gravel desert surface by erosion [Labraga,

1994; Gaiero et al., 2007; Gassó et al., 2010]. This dust can be transported across the

southern Atlantic [Gassó and Stein, 2007; Li et al., 2010; Johnson et al., 2011]. Oceanic

measurements aboard Polarstern of titanium, which is a tracer for dust, indicate the long–

term existence of dust deposition from the Patagonian desert to the Atlantic [Dammshäuser

et al., 2011].
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Lidar observation performed on 21 November 2009. Shown is the height–time display of the

range–corrected signal.
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Figure 5.12: Left: Geopotential height at 500 hPa above South America and Antarctica on 21

November 2009, 0:00 UTC. Right: FLEXPART simulations regarding the origin of the air masses

observed between 1 and 4 km height above the RV Polarstern (star) on 21 November 2009, 6:00–

8:00 UTC. The accumulated residence time distribution of the 10–day backward simulation from

11 November to 21 November 2009 is shown by colored contour lines. A snapshot of the residence

time distribution on 20 November 2009 is given by the colored area.

Polarstern passed the Patagonian desert at a distance of about 1000 km to the east. AOTs

<0.1 at 500 nm were measured with Sun photometer (Fig. 5.19, see below) and yield no

evidence of lofted layers above the MBL. However, the lidar observed optically thin aerosol

particle plumes from 13 to 23 November 2009.

Figure 5.11 (right) shows the height–time display of the lidar observation in the morning

of 21 November 2009. At the beginning the MBL top was of about 350 m height. At

about 4:00 UTC lofted aerosol layers that extended up to 4 km height were observed.

On that day a cyclone of the Antarctic low–pressure belt was situated southwest of

South America (denoted by L in Fig. 5.12, left). Strong westerly winds occurred in

the latitudinal belt from 40◦–45◦ S. According to the isohypse 10–minute average wind

speeds at 10 m height were about 25 m s−1 and triggered the dust uptake into the atmosphere.

Figure 5.12 (right) shows FLEXPART simulations that were used to determine the origin

of the air parcels observed with lidar from 6:00–8:00 UTC on 21 November 2009. The

colored area indicates the residence region of the observed air parcels on 20 November 2009,

the day before the measurement. Warm colors show the highest residence time of the

observed air parcels in the latitudinal belt of the Patagonian desert. The colored contour

lines in Fig. 5.12 (right) show the results of the 10–day backward simulations. The highest
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Figure 5.13: (a) Meteorological conditions shown by profiles of temperature (black lines) and

relative humidity (red lines) on 21 November 2009 for GDAS–based modeled atmosphere (solid

lines) at 06:00 UTC and for the radiosonde launch (dotted line) aboard Polarstern at 11:09 UTC.

(b–e) Analysis results from PollyXT observations on 21 November 2009 from 6:00 to 8:00 UTC.

accumulated residence time of the observed air parcels is represented by the red curves

which cross the Patagonian desert. The intensive orange–colored area and the red curves

provide the information that the air mass detected with lidar crossed the Patagonian desert

with very high probability.

The in–depth analysis of the lidar data was difficult because of the rather low AOT of

the lofted aerosol plume of 0.02–0.03. Keeping the high surface wind speeds above the

Patagonian desert in consideration, the low AOT gives evidence of less available particulate

material in the Patagonian desert that can be lifted into the atmosphere than in the Saharan

desert due to the permanent high wind speeds. The vertical smoothing length was enlarged

to 750 m to reduce signal noise, and the signal profiles could be used only above 1000 m

height. With respect to the signal–to–noise ratio the uncertainty was estimated to 40%.

The profiles of particle backscatter coefficients (Fig. 5.13 b) show an increased aerosol load

up to 4 km height. According to the radiosonde temperature profile in Fig. 5.13 (a) the MBL

reached up to 500 m, and the base of the lofted layer was at 1000 m. The 532-nm profile

of the extinction coefficient determined with the Raman method is given in Fig. 5.13(c) by

the green curve. The extinction coefficient was rather low with values around 10 Mm−1.

A mean lidar ratio of 42 ± 17 sr was calculated which is in the range of dust–related lidar
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ratios found in the Middle East (42.6 sr) and Kanpur, India (43.8 sr) [Schuster et al., 2012].

In addition, the profile of the extinction coeffcient at 532 nm was reproduced for assumed

constant lidar ratios of 42 sr (suggested for Patagonian desert dust), 20 sr (indicating pure

marine aerosol [Ansmann et al., 2001]), and 75 sr (indicating smoke [Tesche et al., 2011])

with the Klett method (Sec. 3.2.2). These approximated profiles of extinction lead to AOTs

of 0.03, 0.02, and 0.05 for the plume which are much smaller than AOTs of the observed

Saharan dust event in Sec. 5.2.1. A low backscatter–related Ångström exponent of 0.4± 0.1

at 532 and 1064 nm (see Fig. 5.13 e) indicates the presence of coarse–mode particles. The

measured depolarization ratio at 355 nm provided just a qualitative information of the

presence of non–spherical scatterers. For low AOT, 355 nm most of the volume linear

depolarization information is related to molecular backscattering (see Sec. 3.2.4) causing a

volume linear depolarization ratio of a few percent.

Another hint for the observation of large dust particles are the virgae shown at the top of

the aerosol layer at about 7:15 UTC in Fig. 5.11 (right). Dust particles are known to be

favorable ice nuclei and can trigger heterogeneous ice nucleation at temperatures of above

−38 ◦C [Ansmann et al., 2005; Field et al., 2006; Seifert et al., 2010]. In the presented case

the ice nucleation was initiated at temperatures of roughly −10 ◦C (Fig. 5.13 a).

In contrast to the low–AOT case presented here, daily mean AOTs of >0.3 were determined

with Sun photometer during the spring cruise in 2008, as presented in Fig. 5.20 (see below).

Gassó et al. [2010] investigated a plume with AOTs of 0.35–0.45 determined with MODIS

over the Southern Atlantic and concluded that dust emissions from the Patagonian desert

were the reason for the notably high AOT in this typically rather clean environment.

5.2.4 Volcanic ash from the Eyjafjallajökull volcano

In the final case study, unexpected and unprecedented observations of volcanic ash plumes

originating from Eyjafjallajökull (64◦N, 20◦W) eruptions in May 2010 are discussed. Iceland

is known to be an active volcanic island in the Atlantic with seven eruptions in the last

two decades. On 20 March 2010 the seismic dormancy of the Eyjafjallajökull was broken,

leading to an explosive subglacial eruption on 14 April 2010 whose ash plume disrupted the

European air traffic. Until 23 May 2010 ash, tephra, and SO2 were emitted in maximum

estimated fluxes of 750 Mg s−1 in a plume up to 9.5 km height with a total emitted mass of

about 2.5–50 Tg distal ash and 0.6–23 Tg SO2 [Petersen, 2010; Schumann et al., 2011].
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Figure 5.14: Height–time cross section of the range–corrected signal at 1064 nm on 13 May 2010.

The white line denotes the cloud top temperature as obtained from GDAS1.

The most active period occurred from 14–17 April 2010. The plume was advected to

northern Europe due to a high–pressure system south of Iceland. On 16 April 2010 ash was

observed from 2.5 to 6 km at Leipzig, Germany. The volcanic aerosol was characterized by an

ash–layer–related AOT of 0.7, a lidar ratio of 55±5 sr at Leipzig and 60±5 sr at Munich, and

no spectral slope in the particle backscatter and extinction coefficients [Ansmann et al., 2010].

After a short calm period with decreasing ash production the second active period of Ey-

jafjallajökull started on 5 May 2010 and was characterized by high SO2 emission [Petersen,

2010]. Aboard Polarstern lofted layers were observed in the lidar measurements between

10 (west coast of Portugal) and 17 May 2010 (harbor of Bremerhaven). The observation

on 13 May 2010 is presented in Fig. 5.14. The layers extended up to 4 km height and were

observed in the vicinity of cloud layers producing ice virgae. A cloud–top temperature of

−20 ◦C was determined from the GDAS1 data which indicates heterogeneous ice nucleation

within the clouds (for details see Chapter 7). Studies of the ice–nucleation ability of volcanic

ash during the Eyjafjallajökull outbreak showed a high efficiency [Seifert et al., 2011; Steinke

et al., 2011].

The geopotential height at 500 hPa on 13 May 2010, 0:00 UTC, is presented in Fig. 5.15 (left).

High pressure above the North Atlantic and low pressure above Iceland lead to the advection

of air masses from Iceland to the Bay of Biscay. FLEXPART modeling results are shown in

Fig. 5.14 (right) and confirm the prevalence of the northwesterly advection of the air masses

observed aboard Polarstern (green star) from Iceland (green circle).
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Figure 5.15: Left: Geopotential height at 500 hPa on 13 May 2010, 0:00 UTC. L denotes low–

pressure systems, H high–pressure systems. Right: Map of FLEXPART 10–day backward sim-

ulations for the observed aerosol layer in 3.3–4 km between 2:20 and 2:36 UTC. The green circle

denotes the Eyjafjallajökull at Iceland, stars the RV Polarstern in the Bay of Biscay.
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Figure 5.16: Height–time cross section of the range–corrected signal at 1064 nm on 17 May 2010.

The lidar measurements were extended until the lightening of Polarstern started in the

harbor of Bremerhaven. Figure 5.16 shows the last measurement period. After the disper-

sion of boundary–layer clouds at 2:30 UTC two lofted layers were observed between 1.9 and

4 km height. The geopotential height at 500 hPa on 17 May 2010, 0:00 UTC, is presented

in Fig. 5.17 (left). A low–pressure system (denoted by L) advected air masses towards

Central Europe. FLEXPART simulations, e. g., for the lower layer (2.0–2.6 km height,
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Figure 5.17: Left: Same as Fig. 5.15 for 17 May 2010 and FLEXPART 10–day backward simu-

lations for the observed aerosol layer in 2.0–2.6 km from 2:30–3:20 UTC.

2:30–3:20 UTC) observed at Polarstern in Fig. 5.17 (right), indicate a high probability of

air–mass transport from Iceland to Central Europe, too. In both cases, on 13 May 2010 and

17 May 2010, the Eyjafjallajökull (indicated by a green circle in Fig. 5.15, right and 5.17,

right) emissions are advected with a high probability to the position of Polarstern (green

star).

The lidar observation between 2:20 and 2:36 UTC on 13 May 2010 was analyzed to determine

profiles of the particle backscatter and extinction coefficients. The determined profiles

are presented in Fig. 5.18 (a–b) by dotted curves. Two lofted layers from 2.2–2.9 km and

3.3–4.2 km height were observed. From the profile of the extinction coefficient an ash–related

AOT of 0.06 was determined with lidar (Sun photometer was not available due to cloud

coverage). The mean lidar ratio at 355 and 532 nm was 53± 10 sr and 45± 9 sr, respectively.

These values are at the lower end with regard to the values observed during the first strong

eruption in April 2010 [Ansmann et al., 2010; Groß et al., 2012]. The mean particle linear

depolarization ratios of 15% ± 3% and 13% ± 4% (lower and upper layer, respectively)

are comparably small, and mean Ångström exponents of 1.1–1.6 are comparably high.

The change in emissions during the dormancy of Eyjafjallajökull might be the reason that

predominantly secondary aerosol particles of sulfate were observed on 13 May 2010. As a

consequence, the particle depolarization ratio would decrease (more spherical particles) and

the Ångström exponents would increase (small particles). Water uptake of ash particles as
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Figure 5.18: Cloud–screened profiles of (a) backscatter coefficients, (b) extinction coefficient, (c)

lidar ratio, (d) Ångström exponent, and (e) particle depolarization ratio. Dotted lines denote the

results for 13 May 2010, 2:20–2:36 UTC, and solid lines the results for 17 May 2010, 2:30–3:20 UTC.

investigated by Lathem et al. [2011] could explain the decrease in the particle depolarization

ratio, but not the high Ångström exponents. A mixture with marine aerosol could only

explain the low particle depolarization ratio and low lidar ratios.

From the lidar observation on 17 May 2010 the time period from 2:30–3:20 UTC was analyzed

to derive the optical aerosol properties (Fig 5.18 solid lines). An AOT of about 0.04 was

determined with lidar. Mean lidar ratios of 55 ± 10 sr, and 64 ± 11 sr were determined at

355 and 532 nm, respectively, which are confirmed by the observations before. The upper

layer also showed enhanced particle depolarization ratios of up to 38% in a thin layer at

about 3.25 km height in agreement with Groß et al. [2012]. The Ångström exponents are

about 1 and still comparably high. No atmospheric sounding on 17 May 2010 was available

from Polarstern and the meteorological station Norderney.

5.3 Statistics

The general aerosol conditions along the three cruises are described by the daily mean AOT

determined from Sun photometer observations in the framework of MAN in Fig. 5.19 as

function of latitude. Maximum daily mean AOT of 0.46, 0.28, and 0.32 at 500 nm were

determined during fall 2009, spring 2010, and fall 2010, respectively. The corresponding

Ångström exponents (500/870 nm) show low daily mean values of 0.1, 0.1, and 0.2. The

highest AOT values were determined in the latitudinal belt around 14◦N where the
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Figure 5.19: Daily mean aerosol optical thickness at 440, 500, and 870 nm and related Ångström

exponents at 440/870 nm from Maritime Aerosol Network (MAN) Sun photometer measurements

aboard Polarstern during the transatlantic cruises in fall 2009, spring 2010, and fall 2010. Mean

500–nm AOT values for each journey are given as dotted lines.
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Figure 5.20: Daily mean aerosol optical thickness at 500 nm observed with Maritime Aerosol
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graphically comparable cruises in spring 2010 and fall 2010. Mean 500–nm AOT values for each

journey are given as dotted lines.

Polarstern passed the west coast of Africa in a distance of 400–1000 km. Thus, we assume

that large dust particles [Dubovik et al., 2002] were present in the atmospheric column in

addition to the marine background aerosol (see Sec. 5.1). Minimum daily mean AOT values

of 0.02 (Å of 0.2), 0.02 (Å of 1.7), and 0.03 (Å of 1.0) were determined during the three

cruises in the southern hemisphere.

The mean AOTs of about 0.11 ± 0.01 at 500 nm at each cruise are lower than usually

above the Atlantic (0.14, Sec. 5.1). The comparison with previous transatlantic cruises of

Polarstern with identical departure and arrival harbour (comparable track lines) in Fig. 5.20

shows that during the current cruises in 2009 and 2010 the mean AOT was lower by a

factor of 1.4–2.6. Especially in the latitudinal belt of 0◦–20◦N daily mean AOTs of the

previous cruises are higher. Maps of the annual mean AOTs (550 nm, see App. B) above

the Atlantic from MODIS observations show that Polarstern crosses each year the outflow

of the Saharan dust belt in the tropical region [Liu et al., 2008a; Ansmann et al., 2009;

Baars et al., 2011]. The remaining Atlantic regions seem to be less affected by long–range

transport of continental aerosol.
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Figure 5.21: Top: Frequency distribution (a) and meridional distribution (b) of the MBL top

height. Error bars indicate the mean standard deviation. Center: Frequency distribution of the

column–integrated backscatter coefficient (c) within the MBL, (d) within the free troposphere in

steps of 10−3 sr−1. The number of cases are given at the top. Bottom: Frequency distribution of

the AOT at 532 nm (e) within the MBL, (f) within the free troposphere for intervals of 0.05. The

number of cases are given at the top.
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The lidar measurements were used in a first step to determine the MBL top height. The

MBL typically contains a much higher aerosol load than the free troposphere. Its top height

can be determined with the wavelet method explained by Baars et al. [2008]. We found

in 78% of the measurements MBL top heights of 400–900 m (Fig. 5.21 a). A correlation

between latitude and MBL top height was not found. Figure 5.21 (b) shows no latitudinal

differences or trends in the MBL top height within the range of the error bars (mean

standard deviation). Cloud layers at the MBL top with cloud top heights up to 1.5 km

occurred in 21% of the measurement time.

For a statistical analysis 246 cloud–free measurement periods (about 260 hours) were

selected. Figures 5.21 (c) and (d) show the frequency of occurrence of the column–integrated

backscatter coefficients in the MBL and in the free troposphere, respectively. The number

of cases are presented at the top of each figure. The distribution of the column backscatter

values in the free troposphere is more variable compared to the one for the MBL. However,

>70% out of all cases show column backscatter coefficients smaller than 3×10−3 sr−1 in

both the MBL and the free troposphere. The AOT can be roughly estimated from the

column backscatter multiplied with a column mean lidar ratio of 20 sr (MBL) and 50 sr

(free troposphere). The corresponding frequency distributions of the AOT are shown in

Fig. 5.21 (bottom). Here, the reasonable contribution of lofted layers to the aerosol load in

the atmospheric column above the Atlantic is shown by the much higher AOT values in the

free troposphere. In contrast, the AOT in the MBL is smaller than 0.05 in more than 80%

out of all cases.

All single profiles of the particle backscatter coefficients at 532 and 1064 nm for the

northern midlatitudes (60◦–30◦N), the tropics (30◦N–30◦ S), and the southern midlatitudes

(30◦–60◦ S) are presented in Fig. 5.22 (a–c) and Fig. 5.23 (a–c). Averaged profiles of the

backscatter coefficients in each region are shown by red lines. The error bars indicate the

mean standard deviation. The determined profiles of the particle backscatter coefficient

over Punta Arenas and Stellenbosch are added in Fig. 5.22 (d–e) and Fig. 5.23 (d–e). Below

the MBL top height well–mixed homogeneous particle conditions are assumed. Thus,

the particle backscatter coefficient is set constant from the minimum measurement height

down to the ground. Signals are smoothed with 330 m vertical window length for the analysis.

The distribution of the backscatter coefficient profiles (532 nm) show that lofted aerosol

layers occur most frequently in the tropics (Fig. 5.22 b), and more often in the northern
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Figure 5.22: Cloud–screened profiles of the backscatter coefficient at 532 nm determined with

PollyXT aboard Polarstern in the (a) northern midlatitudes, (b) tropics, and (c) southern midlat-

itudes. In addition, lidar observations at (d) Punta Arenas and (e) Stellenbosch are shown. Red

profiles are the mean profiles. Error bars show the mean standard deviation.

midlatitudes (Fig. 5.22 a) than in the southern midlatitudes (Fig. 5.22 c). Figure 5.23

presents the distribution of the backscatter coefficient profiles at 1064 nm and give further

information that the lofted aerosol layers contain a reasonable contribution of coarse–mode

particles, because the light scattering of fine–mode particles is less pronounced with

increasing wavelength obtained. Note the comparably clean conditions over the field sites

of Punta Arenas and Stellenbosch.

Mean profiles of the backscatter coefficient for 30◦–15◦N, 15◦N–EQ, EQ–15◦ S, and

15◦–30◦ S are presented in Fig. 5.24 (b). The highest aerosol concentration is found in the

latitudinal belt from 15◦N–EQ (3.32 times higher than the northern midlatitudes shown

in Fig. 5.24 a), followed by 30◦–15◦N (2.51 times higher), EQ–15◦ S (96%), and 15◦–30◦ S

(72%). The high values of the backscatter coefficient in the tropics are mainly caused by
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Figure 5.23: Same as in Fig. 5.22 at 1064 nm.

the outflow of dust from the Saharan region which is concentrated in the tropical latitudinal

belt of the northern hemisphere. Tesche [2011] determined mean particle backscatter

coefficients at 532 nm of 0.4 and 1.2 Mm−1 sr−1 in the main lofted layers from 1.5 to 4 km

height at Cape Verde during the winter (15 January to 14 February 2008) and summer

(24 May to 16 June 2008), respectively. In the same height range we found mean particle

backscatter coefficients of 0.8 and 0.65 Mm−1 sr−1 for the latitudinal belts from 15◦N–EQ

and from 30◦–15◦N. About 4000 km west of the African coast Baars [2012] observed African

aerosol in the Amazon basin during the wet season (April–May 2008). On average, particle

backscatter coefficients at 532 nm ranged from 0.3–0.7 Mm−1 sr−1 at altitudes from 0.3 to

3 km.

At Stellenbosch lofted layers of smoke and soil from local sources are usually observed up

to 4.7 km height (Fig. 5.22 e). The aerosol profiles at Punta Arenas (Fig. 5.22 d), on the

other hand, are characterized by pure marine conditions. It should be mentioned that the

extinction coefficients over the southern Atlantic and Stellenbosch turn out to be similar
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Figure 5.24: Mean particle backscatter coefficients at 532 nm (a) for the northern midlatitudes

(60◦–30◦ N), tropics (30◦ N–30◦ S), southern midlatitudes (30◦–60◦ S), Punta Arenas, Stellenbosch,

and (b) for five latitudinal belts of the tropics.

when the Stellenbosch backscatter values (orange curve in Fig. 5.24 a) are multiplied with

50 sr (lidar ratio of continental aerosol) and the South Atlantic values (dark blue curve in

Fig. 5.24 b) are multiplied with 20 sr (lidar ratio of marine aerosol).

From space, CALIOP also performs lidar observations above the Atlantic. Forty one

CALIPSO overpasses occurred within a distance of 200 km from Polarstern and within

1 hour of time difference during the three transatlantic cruises. Figure 5.25 (a) shows the

distribution of the CALIPSO (foot print) – Polarstern distances. For each overpass the

mean profile of the particle backscatter coefficient at 532 nm was determined from the

CALIOP data set as described in Sec. 5.2.1. In 93% (38 cases) out of all cases, profiles of

particle backscatter coefficients were available in the data subsets. Under consideration of

the data confidence flags finally 28 profiles of CALIOP level 2 version 3 data were available

for a comparison (see detailed explanation in App. C). These 28 overpasses are indicated by

the gray bars in Fig. 5.25 (a).

Figure 5.25 (b) shows the profiles of particle backscatter coefficient at 532 nm obtained with

CALIOP and with PollyXT. The CALIOP profiles were vertically smoothed with 300 m,

the PollyXT profiles with 330 m. PollyXT–derived particle backscatter coefficients were set

constant in the lower MBL due to the overlap problems close to the ground. From space,

CALIOP does not suffer from such overlap effects and thus shows the real structures down
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Figure 5.25: (a) Frequency distribution of (white) the distance between CALIOP laser footprint

and Polarstern. Number of overpasses is given at the top. Gray bars indicate the quality–assured

profiles. (b) Profiles of the particle backscatter coefficient at 532 nm observed with CALIOP (left

panel) and with PollyXT (right panel).

to the surface. Nevertheless, a similar vertical layering is observed with both instruments in

terms of particle backscatter coefficients.

A more detailed comparison is presented in Fig. 5.26 (b). On 29 October and 9 November

2009 (green and red curves, respectively) lofted aerosol layers were observed with PollyXT

and CALIOP. Keeping the influence of atmospheric variability in mind, the observed lofted

layers up to 4 km height show good agreement. Below about 600 (red) and 300 m (green)

the curves differ from each other because of the overlap effects in the case of PollyXT. In

contrast, the observations of PollyXT and CALIOP show good agreement also below 1000 m

height on 9 November 2010 (blue curve). On 23 November 2009 and 9 May 2010 (orange

and violet curves, respectively) only segments of backscatter profiles were available in the

CALIOP database. The agreement is poor for the 23 November 2009, although the CALIOP

laser footprint was only 26 km west of Polarstern. The aerosol was characterized as clean

marine by CALIOP’s data algorithm [Omar et al., 2009]. A horizontal averaging of 80 km

was performed by the data algorithm which lead to eight equivalent profiles of CALIOP data.

Along such a range thin clouds that were misinterpreted by the cloud–aerosol–discrimination

scheme of CALIOP [Liu et al., 2009; Liu et al., 2010] probably contaminate the particle

backscatter coefficient profiles.
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Figure 5.26: (a) Regression of the column backscatter coefficient determined by CALIOP and

PollyXT. (b) Same as Fig. 5.25 (b) but for selected cases.

Figure 5.26 (left) presents a correlation study based on column particle backscatter coeffi-

cient at 532 nm measured with CALIOP and PollyXT. A good correlation is found, except

for a few cases with very low values of the column backscatter coefficient measured with

PollyXT (≈10−3 sr−1) but large values of the column backscatter coefficient measured with

CALIOP. One of these cases is the observation on 23 November 2009.

As already shown above, high values in the particle backscatter coefficients in the MBL

(Fig. 5.22) above the Atlantic indicate strong extinction values. However, the lidar ratio of

marine aerosol is low (about 20 sr), i. e. the related extinction coefficient is small even if

the backscatter coefficient is comparably large (Fig. 5.21, bottom). In contrast, continental

aerosol shows typically a lidar ratio of 50 sr. Thus, continental aerosol layers might show

higher extinction coefficients than marine aerosol layers although the backscatter coefficient

is small. For an additional comparison, we deal with this issue by differentiating the MBL

(<1000 m) and the free troposphere up to 5 km height to estimate the mean AOT in the

latitudinal belts as shown in Fig. 5.24.

Figure 5.27 (left) provides an overview of available total AOT (entire atmospheric column)

measurements. The AOTs derived in the framework of MAN (500 nm, Sec. 5.1) and

AOTs as determined with PollyXT differ by only ±0.02 which might be due to different

aerosol conditions or the assumptions of the lidar ratio. The mean AOT determined

from CALIOP observations is lower than the respective one from MAN Sun photometer

observations and PollyXT measurements, except for the latitudinal belt from 15◦N–EQ.
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of CALIOP (532 nm, blue) overpasses, and mean AOT at 500 nm from MAN Sun photometer

observations above the Atlantic from 2004 to 2011 (red). Error bars indicate the mean standard

deviation (atmospheric variability). AOT retrieved from MODIS satellite observations [Kaufman

et al., 2005] are shown in addition (green squares), AOT values modeled with GOCART [Chin

et al., 2002] are shown as violet squares. Error bars show the range of AOTs. Exact latitudinal

ranges are given in the text. Right: Mean AOT at 532 nm from PollyXT observations and CALIOP

observations for the height range from 1 to 5 km height (free troposphere).

Figure 5.27 (left) includes also AOT values published by Kaufman et al. [2005] which

were determined from MODIS observations (latitudinal belts from 60◦–30◦N, 30◦–5◦N,

5◦N–20◦ S, and 20◦–30◦ S), and Global Ozone Chemistry Aerosol Radiation and Trans-

port model (GOCART) results [Chin et al., 2002] for latitudinal belts from 60◦–40◦N,

30◦–10◦N, and EQ–20◦ S. The best agreement of the AOT observations is obtained for

the southern tropics. GOCART seems to overestimate the AOT in the northern midlatitudes.

The AOT of the height range from 1 to 5 km (i. e., for the free troposphere) is presented

in Fig. 5.27 (right). AOTs in the free troposphere range from 0.01 (CALIOP, 0◦–15◦ S) to

0.17 (CALIOP, 15◦N to 0◦). The AOT of the MBL (AOT−AOT1-5km) is 0.03 to 0.11 in

the case of the PollyXT observations and 0.01 to 0.14 in the case of the CALIOP observations.

Figure 5.27 confirms the aerosol features already discussed above. The aerosol load in the

free troposphere increases from the northern midlatitudes towards the tropics and then

decreases again. The free–tropospheric aerosol amount of the southern midlatitudes is much

lower than in northern midlatitudes. Focusing on the AOT values determined from the

PollyXT data, the coastal field site Punta Arenas shows the lowest AOT values from 0 to
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5 km and 1 to 5 km, although the boundary–layer aerosol backscatter values were multiplied

with a lidar ratio of 50 sr which emphasizes the clean aerosol background conditions at Punta

Arenas. At Stellenbosch the AOT vertical distribution is comparable to the respective one

in the latitudinal belt between 15◦ and 30◦ S.

For the first time, an in–depth study of the latitudinal dependence of aerosol layering and

associated optical depth is given based on OCEANET, MAN, CALIPSO, satellite as well

as modeling data (GOCART). The ability of lidar to separate MBL and free–tropospheric

aerosols provide new insights into the contribution of lofted aerosol layers to the column

content, which is a prerequisite to study the radiative impact and the influence on cloud–

processes in more detail and more realistically.
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Chapter 6

Height–resolved radiative–transfer

calculations

The Earth’s energy budget is a result of complex interactions of a multitude of processes in the

atmosphere [Trenberth et al., 2009]. Within this puzzle the OCEANET project focuses on the

radiative influence of aerosols and clouds above the Atlantic ocean. In the following, a brief

introduction to the terms of radiative transfer is given. The importance of height–resolved

atmospheric information is highlighted as one of the key parameters for radiative–transfer

calculations. In Sec. 6.2 the presented aerosol lidar observations (Sec. 5.2) are used as input

for radiative–transfer calculations to estimate the solar aerosol radiative effect.

6.1 Introduction

The Sun mainly emits electromagnetic radiation at wavelengths between 0.22 and 5 µm

(solar range), according to its surface temperature. If a differential amount of such radiant

energy (dEλ) penetrates an element of a certain area dA in the Earth’s atmosphere, in a

differential solid angle dΩ, which is oriented at an angle θ to the normal of dA, the specific

monochromatic intensity Iλ (radiance) of dEλ that crosses dA in a time interval dt, and in

a specified wavelength interval dλ can be obtained by:

Iλ =
dEλ

cosθdΩdλdtdA
. (6.1)

If the intensity is independent of the incident direction, the total flux density of radiant

energy F (irradiance) for solar radiation is:

F =

∫ 5

0.22
πIλdλ, (6.2)
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in units of W m−2. The incoming irradiance at TOA is given by the solar constant

SC ≈ 1366 W m−2 [Kraus, 2004]. The amount of incident solar radiation per day depends

on the season (sun–earth distance) and latitude (solar zenith angle – SZA and sunshine

duration) [Bellouin et al., 2004]. Within the Earth’s atmosphere the solar radiation is scat-

tered and absorbed by gases, aerosols, and clouds. Scattering of the incident radiation can

be described with Rayleigh–scattering theory [Rayleigh, 1871] if λ � 2πrS with the radius

rS of the scatterer. For spheres with 2πrS & λ the Lorenz–Mie scattering theory is ap-

plied [Lorenz , 1890; Mie, 1908]. Absorption occurs only in discrete energy levels by atoms

according to the Bohr’s model. Molecules are able to absorb radiation due to their electric

dipole moment and transit it into rotational or vibrational energy. Solids and liquids absorb

energy in discrete levels as function of λ and simultaneously emit energy with respect to the

temperature of the blackbody in equilibrium conditions in terms of the blackbody laws of

Planck, Stefan–Boltzmann, and Kirchhoff. Both processes, scattering and absorption, atten-

uate the direct downward solar radiation. Considering the change of the intensity dIλ in an

atmospheric layer of thickness ds, the attenuation depends on the density of the atmosphere

ρ and the wavelength–dependent mass extinction cross section kλ. If the concentration of

scatterers is low, i. e., in clean conditions, scattered radiation should not affect further scat-

tering processes and independent scattering might be assumed. Considering aerosol layers

and especially cloud layers, it may happen that a photon is not only scattered once, because

of the high concentration of scatterers and the short distance between them. In that case

multiple scattering occurs. This would enhance the solar radiation by diffuse downward ra-

diation, given by a source–function coefficient Jλ. The general radiative–transfer equation

combines the sources and sinks of radiation in an atmospheric layer to:

dIλ = −kλρIλds+ kλρJλds. (6.3)

For a homogeneous layer from s = 0 to s1 with Iλ(s = 0) = Iλ(0) without multiple scattering

Eq. (6.3) can be expressed by the Beer–Bouguer–Law. Further, the integration of kλρds

from s = 0 to ∞ gives the optical thickness.

The direct (total) aerosol effect on the Earth’s radiation budget is discussed since the late

1960’s [McCormick and Ludwig , 1967; Charlson and Pilat , 1969; Charlson et al., 1992; Hay-

wood and Boucher , 2000; Yu et al., 2006; Heinold et al., 2011; Torge et al., 2011]. The effect

can be determined at TOA, the surface, or at any altitude in the atmospheric column by, e. g.,

measuring the upward (↑) and downward (↓) irradiances (FReal) at a certain altitude and

compare them to modeled irradiances (FAerosol Free) that represent aerosol–free conditions:
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∆F =
(
F ↑Aerosol Free − F

↓
Aerosol Free

)
−
(
F ↑Real − F

↓
Real

)
. (6.4)

The difference gives the solar aerosol radiative effect (∆F , in the solar range). ∆F < 0 at

the TOA indicates an increase of escaping irradiance, i. e., a solar radiative cooling of the

atmospheric column caused by aerosols. At the surface ∆F < 0 means a net loss of solar

radiation (i.e., cooling) of the atmosphere. In the literature the aerosol effect is sometimes

also called aerosol forcing. However, in some publications the aerosol forcing denotes only the

anthropogenic effect [e. g. Sokolik et al., 2001; Yu et al., 2006], which is not distinguished here.

Under cloud–free conditions marine aerosol shows the most important solar effect at

TOA [Haywood et al., 1999]. Yu et al. [2006] reviewed satellite–determined solar aerosol

radiative effects above the oceans. The authors reported mean annual averaged effects of −5

to −6 W m−2 at TOA and −8 to −9 W m−2 at the surface. Further, seasonal and regional

differences in solar aerosol radiative effects were shown and explained for different aerosol

concentrations and predominant aerosol types.

According to radiative–transfer calculations aerosol types are defined by the single–scattering

albedo (SSA, [Haywood and Shine, 1995]), the ratio of the scattering coefficient and the sum

of the scattering and absorption coefficients (extinction coefficient). The angular distribution

of scattering by aerosols is described by the phase function that can be retrieved from Mie

calculations [Bohren and Huffman, 1983] or approximated by the Henyey–Greenstein phase

function [Henyey and Greenstein, 1941; Wiscombe and Grams, 1976; Boucher , 1998] which

is defined in terms of the asymmetry factor g. As particle size increases, the phase function

changes from a symmetric Rayleigh phase function (g = 0) to a complex function with

increased forward scattering (g → 1, enhanced forward scattering). These properties vary

with wavelength [Ångström, 1929; Kiehl and Briegleb, 1993] and depend on the particle

composition [Sokolik and Toon, 1999; Chylek et al., 1995], the relative humidity and the

hygroscopicity of the aerosol [Hobbs et al., 1997], as well the shape [Kalashnikova and Sokolik ,

2004] and the size of the aerosols [Tegen and Lacis, 1996]. Tegen and Lacis [1996] modeled

the radiative effect at the tropopause for different extents of dust layers including the thermal

spectrum. The dust layer showed an increase of the greenhouse effect with increasing height.

Thus, the cooling effect caused by the reduction of solar radiation can change to a warming

effect. Focusing on the solar spectrum, the knowledge of the vertical aerosol distribution is

of special importance during cloudy sky, because of the change of the reflectance from the

ground (surface albedo) to the reflectance of the cloud. [Haywood and Shine, 1997; Liao and

Seinfeld , 1998b; Sokolik et al., 2001; Chung et al., 2005].
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The surface albedo of the surface below the observed aerosol layer is key in the solar aerosol

radiative effects [e. g., Russell et al., 1997]. Zhou et al. [2005] found solar aerosol radiative

effects of dust from −17 to −44 W m−2 per unit AOT at the TOA and −48 to −80 W m−2

per unit AOT at the surface from the Saharan desert (surface albedo ≈ 0.35) to the

surrounding oceans (surface albedo ≈ 0.05). The surface albedo can even lead to a change

of the radiative effect at the TOA from a general cooling effect to a heating effect [Bierwirth

et al., 2009; Tegen et al., 2010].

The ocean surface albedo depends on the SZA, wind speed, biological activity, suspended

sediments, and surface bubbles [Jin et al., 2002, 2004]. Li et al. [2006] compared several

parametrization of the ocean surface albedo and found a range of variation of lower than

±10 W m−2. Especially above the oceans, elevated aerosol layers in the free troposphere can

occur above low–level clouds which have a reflectance tenfold larger than the ocean. Thus,

the accurate determination of the height of the aerosol layers is important to know the

reflectance below the aerosol layer [e. g. Haywood and Shine, 1997; Liao and Seinfeld , 1998a;

Quijano et al., 2000; Myhre et al., 2003]. However, except for airborne and lidar measure-

ments, aerosol observations include only poor, or low–quality vertical information [Stevens

and Feingold , 2009], and are often approximated simply by an exponential increase in the

aerosol load from the TOA to the surface [Shettle and Fenn, 1979] in radiative–transfer

models [Haywood and Shine, 1997; Mayer and Kylling , 2005].

The need for height–resolved measurements was shown by Wendisch et al. [1996] who

studied combined airborne in–situ and radiation measurements under atmospheric condi-

tions with two temperature inversions that sensitively influenced the vertical distribution

of aerosols. Airborne investigations over the Atlantic were performed in the framework of

the Saharan Dust Experiment (SHADE) [Haywood et al., 2003] and the Southern African

Aerosol Regional Science Initiative (SAFARI 2000) [Keil and Haywood , 2003]. Within

SHADE a local reflectance over the ocean was found during a Saharan dust event which

was 2.7 times higher than during clear–sky conditions. Keil and Haywood [2003] observed

a conversion from the usual cooling effect of aerosols to a warming effect at TOA by

biomass–burning aerosol during cloud–free observations and observations in the presence of

clouds, respectively.

In addition to aircraft–based observations, lidars were used to obtain the vertical distribution

of lofted aerosol layers, cloud base heights, or profiles of the extinction coefficient to perform

radiative–transfer calculations [Redemann et al., 2000; Podgorny and Ramanathan, 2001;
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Mallet et al., 2008; Bauer et al., 2011]. Otto et al. [2009] performed dust–particle–shape–

dependent (approximations by spheroids) radiative–transfer calculations and used lidar

measurements to evaluate the results with profiles of backscatter and extinction coefficients.

Heinold et al. [2011] modeled dust and biomass–burning smoke emissions in North Africa to

determine their radiative effect during long–range transport. The modeled properties of the

mixture of dust and biomass–burning smoke were validated with lidar measurements. To

our knowledge, Wagner et al. [2001] presented the first radiative–transfer calculations that

directly included height–resolved aerosol information derived from lidar. Single–scattering

albedo and asymmetry parameter were inverted using the derived optical properties from

3 + 2 lidar measurements [Müller et al., 1999]. However, a validation of the findings with

radiation measurements was missing.

In the following, results from one–dimensional plane–parallel radiative–transfer calculations

are shown. The calculations were performed with the UVSPEC program of the libRadtran

library (Sec. 4.7). They include the vertical distribution of aerosols above the Atlantic as

determined with the shipborne lidar PollyXT (Sec. 5.2 and 5.3) and are compared to shipborne

and spaceborne radiation measurements (see Sec. 2.2).

6.2 Case Studies

6.2.1 Pure dust layer above the MBL

A pure Saharan dust plume was observed on 31 October 2009 (Sec. 5.2.1). The extinction

profile as determined with lidar (Fig. 6.1, left) and a dust–related Ångström exponent of

0.1 were used as input for radiative–transfer calculations. The SSA and the asymmetry

parameter for dust were adapted from Heinold et al. [2011] (see Tab. 6.1). The SSA

of marine aerosol was set to 0.99 [Müller et al., 2011] and the asymmetry parameter

to 0.65 [Fiebig and Ogren, 2006] independent of the spectral band. The MBL–related

Ångström exponent was set to 0.0. The surface albedo was estimated with BRDF look–up

tables (Sec. 4.7), a mean wind speed of 9 m s−1, and a salinity of 36 psu from SCAWS

(Sec. 2.2) and Ferrybox [Petersen et al., 2003] measurements. The salinity plays a minor

role. A decrease of 60% in the salinity decreases the mean ocean surface albedo by less than

1%. In comparison a decrease of 60% in the mean wind speed increases the mean ocean

surface albedo by more than 4%.

Figure 6.1 (right) shows the irradiance at the surface modeled with libRadtran in steps

of 15 minutes in comparison to the measured values. The red curve presents the modeled
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Table 6.1: Overview of single–scattering albedo (SSA) and asymmetry parameter (g) that were

used in radiative–transfer calculations of dust and smoke observations (adapted from Heinold et al.

[2011]).

Effective radius (µm)

Dust 1.5 3.05 4.6 6.9 Smoke

Spectral band SSA/g →
0.245–0.7 µm 0.793/0.817 0.739/0.854 0.685/0.891 0.665/0.901 0.521/0.596

0.7–1.53 µm 0.981/0.673 0.967/0.728 0.952/0.782 0.935/0.795 0.447/0.587

1.53–4.642 µm 0.970/0.689 0.946/0.716 0.921/0.743 0.903/0.765 0.274/0.575

downward irradiance for the observed aerosol conditions (marine and dust aerosol) on

31 October 2009 (Fig. 6.1, left) and the assumption of a dust–related effective radius (reff) of

1.5 µm. Error bars of the simulation results show the uncertainty based on the uncertainty

because of the atmospheric variability during the day as well as the uncertainty of assumed

input parameters (e. g., SSA) which were taken from the literature. The extinction profile

changed according to the evolution of the dust plume during the day (Fig. 5.2). Changes

in the profiles of temperature and relative humidity are considered only with low time

resolution in steps of 3 hours (see Sec. 4.5). In addition, the used values presented in Tab. 6.1

were calculated on the basis of Mie–scattering, which treats the non–spherical dust particles
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Figure 6.1: Left: Profile of the extinction coefficient as determined with lidar and input as

used as for the radiative–transfer calculations (see also Tab. 6.1). Right: Observed and modeled

solar irradiance (solid lines) at the surface on 31 October 2009. Differences between observed and

modeled irradiance are given by dotted lines. The uncertainty of the simulation results are shown

exemplary and are similar for all curves.
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Figure 6.2: Left: Solar irradiance measured (black) and modeled (color lines for different effective

radius, reff) at the surface on 31 October 2009. Right, top: Differences between observed and

modeled irradiances at the surface. Right, bottom: Solar radiative effect (color lines) and solar

zenith angle (black). Error bars are the same as in Fig. 6.1 and are similar for all curves.

as spherical scatterers. Depolarization caused by scattering by the non–spherical dust

particles and three–dimensional effects caused by inhomogeneities of the aerosol layers were

not considered in the simulation. The extent of these uncertainties can only be estimated

to reach maximum values of 10% which is assumed in the following. However, the results

of the performed simulations below are in promising agreement with the pyranometer mea-

surements and are discussed in detail. The uncertainty of the pyranometer measurements

were assumed to be 4% due to the ship movement and the ship’s superstructure (Sec. 4.1).

In addition, the irradiance was modeled for pure marine conditions (blue in Fig. 6.1, right),

i. e., ignoring the lofted dust layer. The differences between measurement and simulation

(dotted lines) show that the lofted layer contributes significantly to the attenuation of the

incident radiation.

Figure 6.2 (left) shows the influence of the assumed size of dust particles on the radiative

transfer. The modeled irradiance for the pure marine case (dark blue) differs only slightly

from the modeled irradiance for the aerosol–free conditions (light green). The simulations
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were extended by three more simulations with increasing dust–related reff of up to 6.9 µm

and constant extinction coefficients. The change in reff causes a change in the SSA and the

asymmetry parameter (Tab. 6.1). The differences between measured and modeled irradiance

(Fig. 6.2 right, top) are smallest for a dust size distribution with large reff from 4.6–6.9 µm

(light blue and magenta curve, 6 ± 40 and 3 ± 40 W m−2). The high fluctuation in the

measured irradiance is caused by liquid–water clouds which are not considered in the simu-

lation. However, dust size distributions with reff ≥ 4.6 µm seem to be not very likely to be

observed 800 km west of Africa (>1000 km from the Sahara). Dry deposition and turbulent

downward mixing cause relatively fast removal of large particles. Nevertheless, CALIOP

observations of a dust layer close to Cape Verde (same area) were reproduced by Wandinger

et al. [2010] with multiple–scattering calculations and reff ≥ 4–6 µm. For reff values of 1.5

and 3 µm the difference is 12±40 and 9±40 W m−2 (Fig. 6.2, right, top). Figure 6.2 (right,

bottom) presents the determined radiative effect at the surface according to Fig. 6.2 (left).

In addition, the diurnal variation of the solar zenith angle is given. The highest instanta-

neous aerosol radiative effect of the separated MBL is about −10 to −12 W m−2 at solar

zenith angles from 40◦ to 70◦. With increasing sun elevation the pathway of the photons

becomes shorter, less scattering and absorption occur, and the radiative effect decreases dur-

ing midday. If the dust layer is considered in addition, the effect vanishes with increasing reff .

The incident radiation is attenuated most efficiently in the case of a dust layer with large

reff . The highest instantaneous solar aerosol radiative effect is about −58 to −68 W m−2.

The daily mean effect (for 24 hours) is −23 to −27 W m−2 at the surface. The daily mean

radiative effect per unit AOT (further denoted as radiative efficiency) is about −78 to

−91 W m−2 on this specific day. During SAMUM–1 Bierwirth et al. [2009] estimated a solar

aerosol effect of about −72 W m−2 at the surface for an AOT of 0.41 to 0.46 and SZA = 21◦.

The radiative efficiency was about −175 to −157 W m−2.

The modeled upward irradiance at TOA for cloud–free conditions is compared to irra-

diances determined with MSG according to the pixel (3 km×3 km) above the position of

Polarstern [Clerbaux et al., 2001]. The results at TOA are shown in Fig. 6.3 (right, top). A

good agreement between the modeled (red) and MSG–derived (black) irradiance is found

within the error bars until clouds appeared at about 14:00 UTC. Then the MSG–derived

irradiance increases because of enhanced reflectance by the clouds. The uncertainty of

the irradiance derived with MSG is about 14% [Clerbaux et al., 2001]. The shift of the

irradiances at sunrise and sunset is due the broad–band data algorithm of MSG which does

not consider observations with SZA > 80◦ (Fig. 6.3, right, top), i. e., in the presented case
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Figure 6.3: Left: Solar irradiance as derived with MSG (black) and modeled (color lines for

different effective radius, reff) at the top of atmosphere (TOA) on 31 October 2009. Right, top:

Solar irradiance as derived with MSG and modeled on 31 October 2009 (24 hours). Right, bottom:

Solar radiative effect (color lines) and incident solar irradiance at TOA (black). Error bars are

determined in the same way as in Fig. 6.1 and are similar for all curves.

before 8:30 and after 18:00 UTC. Figure 6.3 (left) shows the results in more detail. Even

if only the MBL (blue, no dust) is considered in the simulation, the estimated irradiance

matches the irradiances derived with MSG within the error bars. A mean difference of

0±19 W m−2 is found for a dust layer with reff = 4.6 µm (light blue), disregarding low

sun elevation and cloud–affected measurements. The solar aerosol radiative effect at TOA

(Fig. 6.3, right, bottom) is smaller than at the surface (Fig. 6.2, right, bottom) but shows

the same patterns with the highest effect at solar zenith angles from 40◦ to 80◦ (Fig. 6.2,

right, bottom). The dust layer above the MBL does not imply an additional solar radiative

effect at TOA. As mentioned, with increasing size of the dust particles, the SSA decreases.

As a consequence, the difference between the reflectance of the ocean surface in clear–sky

conditions and the increased reflectance due to the aerosol layer above the ocean surface is

reduced when large dust particles are present. However, solar aerosol radiative effects of up

to −20 W m−2 were found. Thus, a solar radiative efficiency of −60 W m−2 is obtained. The

daily mean solar radiative effect is −2 to −8 W m−2, the efficiency −8 to −26 W m−2. At
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TOA Bierwirth et al. [2009] estimated a solar aerosol efficiency of about −50 W m−2 and

SZA = 21◦.

In Sec. 5.2.1 another aspect of the case observed on 31 October 2009 was discussed. It was

observed that the spaceborne CALIPSO lidar underestimated the dust extinction coefficient

by roughly 25% due to the erroneous dust–related lidar ratio. By adapting the extinction

profiles with this erroneous dust–related lidar ratio, the solar aerosol radiative effect is in-

stantaneously underestimated by up to 13 W m−2 and by about 5 W m−2 (≈25%) during the

day at the surface. At TOA the solar aerosol radiative effect is instantaneously underesti-

mated by up to 5 W m−2 and by about 2 W m−2 (≈25%) during the day for a dust reff of

1.5 µm.

6.2.2 Mixed dust/smoke layer above the MBL

While dust strongly absorbs light in the blue and green spectral range, biomass–burning

smoke absorbs in the entire visible spectral region due to the high amount of black carbon

in the smoke [Bond and Bergstrom, 2006]. For wood smoke, black carbon accounts for

86% of the absorption in the solar range, and organic carbon contributes with 49% to

the absorption below 400 nm [Kirchstetter and Thatcher , 2012]. However, if a mixture of

dust and biomass–burning smoke occurs as observed on 1 and 2 May 2010 (Sec. 5.2.2),

it is important to know the individual contributions of dust and smoke particles to light

scattering and absorption. The depolarization lidar measurements enable us to estimate

the dust fraction in the MBL and in the lofted layers [Tesche et al., 2011] which ranged

from 50%–60% in the MBL and from 70%–90% in the lofted layers on 1 and 2 May 2010.

The SSA and asymmetry parameter in the simulations were selected by using the values of

Tab. 6.1 and by considering the dust and smoke fractions found from the lidar observation.

Furthermore, an external mixture with proportional microphysical properties was assumed.

The dust–related reff is assumed to be 1.5 µm in the presented calculations. An overview

of the aerosol conditions used in the following calculations is given in Fig. 6.4. The profile

and the spectral dependence of the extinction correspond to the lidar observations. The

high values of the extinction coefficients in the MBL are based on the dust fraction found

within the MBL (Sec. 5.2.2). As shown in Fig. 6.4, seven different scenarios were assumed

in the radiative–transfer simulations. Calculations were performed for lofted layers of pure

dust and pure smoke in the presence of a pure marine MBL (cases 1 and 2). In addition,

calculations for a mixed MBL with a dust fraction of 50% and a marine aerosol fraction

of 50% were performed (cases 3–7). In case 4, the mixing ratio of smoke (10%) and dust
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Figure 6.4: Overview of aerosol conditions assumed in the radiative–transfer calculations. Dust

with a particle effective radius of 1.5 µm was considered (Tab. 6.1). Case 6 includes boundary–

layer clouds with a cloud droplet effective radius of 8µm, case 7 includes the same with a cloud

droplet effective radius of 15µm.

(90%) in the lofted layer was assumed. For cases 5–7, the mixing ratio of smoke and dust

was changed to 30%:70%. Cases 6 and 7 consider boundary–layer clouds with cloud droplet

radii of 8 and 15 µm, respectively. The surface albedo was estimated for a mean wind speed

of 5.5 m s−1 and a salinity of 36 psu in the simulations.

Figure 6.5 (right, top) shows the observed irradiance (black line) at the surface on 1 May

2010. Simplified calculations for non–mixed aerosol layers (cases 1 and 2) are presented,

too. In the case of a pure dust layer the modeled irradiance is higher than the observed

irradiance during the day, whereas it is too low if a pure smoke layer is considered. The

analysis of the lidar observation on 1 May 2010 revealed mixed aerosol within the MBL as

well as in the lofted layer. In agreement, the best approximation of the observed irradiance

is given by a modeled irradiance that includes an MBL with a fraction of 50% dust and

a lofted layer with a smoke fraction of 30% (case 5). However, the uncertainties in the

radiative–transfer calculations explained in Sec. 6.2.1 remain high. The time period from

9:00 to 15:00 UTC is shown in more detail in Fig. 6.5 (left). The modeled irradiance in

terms of an aerosol–free atmosphere (green) is highest. If the simulations are performed for

the mixed MBL only (dark blue, case 3), the modeled irradiance differs slightly from the

modeled irradiance of pure marine MBL conditions and a pure dust layer. The simulation

of a mixed lofted layer that includes 10% smoke (magenta, case 4) results in a slightly

higher irradiance than the simulation with a mixed lofted layer and a smoke fraction of 30%
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Figure 6.5: Left: Solar irradiance observed (black) and modeled (color lines for scenarios shown

in Fig. 6.4) at the surface on 1 May 2010. Right, top: Observed and modeled solar irradiance on

1 May 2010 (24 hours). Right, bottom: Solar radiative effect (color lines) and solar zenith angle

(black). Error bars are determined in the same way as in Fig. 6.1 and are similar for all curves.

(red, case 5) due to the smaller absorption efficiency. The absorption efficiency of smoke

is also indicated in Fig. 6.5 (right, bottom) by the highest solar aerosol radiative effect in

the case of pure smoke in the lofted layer (orange, case 2) which reaches up to −110 W m−2

(instantaneous) at a solar zenith angle of 4◦. The dependence of the solar aerosol effect

on the solar zenith angle is highest when only the MBL is considered in the simulations,

because the effect of the related pathway in the atmosphere is strongest. The daily mean

solar aerosol radiative effect for aerosol conditions determined with lidar (50% dust in

the MBL, 30% smoke in the lofted layer) is −28 ± 3 W m−2 at the surface and reaches

instantaneous values of −65± 13 W m−2.

Figure 6.6 presents the calculation results for TOA. A distinct influence of clouds on the

upward irradiance as derived with MSG (black) is found until 10:00 UTC and after 15:00 UTC

on 1 May 2010 (Fig. 6.6, right, top). For the period from 10:00− 15:00 UTC (Fig. 6.6, left)

all modeled irradiances that include a dust–containing lofted layer (light blue, magenta, red,

cases 1, 4, 5) are in the range of the irradiance derived with MSG under consideration of the
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irradiance as derived with MSG and modeled on 1 May 2010 (24 hours). Right, bottom: Solar

radiative effect at TOA. Error bars are the same as in Fig. 6.1 and are similar for all curves.

uncertainties. The highest upward irradiance was modeled in the case of a mixed aerosol

in the MBL itself (blue, case 3) due to the high SSA and thus a low absorption. Hence,

the lowest upward irradiance was obtained for the lofted pure smoke layer (orange, case 2).

The efficient absorption of solar radiation by smoke leads to a lower upward irradiance at

TOA than under aerosol–free conditions (light green) and thus to a positive solar radiative

effect (Fig. 6.6, right, bottom). The radiative effect reaches instantaneous values of up to

+7 W m−2 and a daily mean of +1 W m−2. In contrast, the solar radiative effect of the aerosol

conditions as determined with lidar and supported by the radiative–transfer calculations at

the surface (mixed MBL and a smoke fraction of 30% in the lofted layer, case 5) reaches

values as low as −7± 2 W m−2. The daily mean radiative effect is −2± 1 W m−2. But even

in this case, the smoke fraction leads to a positive radiative effect close to sunrise and sunset

(red curve in Fig. 6.6, right, bottom). Because of the decreasing SSA from pure dust (light

blue curve, always negative) to pure smoke (orange, always positive), the pathway of the

photons at high solar zenith angles (Fig. 6.5, right, bottom) becomes sufficiently long so that

more and more photons can be absorbed and less photons are scattered back to space.
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Radiative–transfer modeling results of such mixed aerosol layers are rare. During SAMUM–2

Heinold et al. [2011] determined mean radiative efficiencies of a mixed dust/smoke plume

of −42 W m−2 at the surface and ±0 W m−2 at the TOA. The smoke fraction was higher

(during the main period of biomass burning in western Africa) than the dust fraction so

that the increased reflectance was less pronounced than in the case of this study (at the

end of the burning season). In the presented study daily mean solar radiative efficiencies

of −67 W m−2 at the surface and of −5 W m−2 at TOA were obtained from the radiative–

transfer calculations.

6.2.3 Complex aerosol layering with embedded clouds

The lidar observations of the three cruises showed the frequent occurrence of boundary–layer

clouds like on 1 May 2010 (Fig. 5.7). In the following, the cloud–aerosol distribution of

cases 6 and 7 in Fig. 6.4 is assumed. The presented simulations of case 5 in Sec. 6.2.2 are

extended by boundary–layer clouds with cloud droplet reff ranging from 8 to 15 µm. The

liquid–water content (LWC) was assumed to range from 0.1 to 0.4 g m−3 [Miles et al., 2000].

Figure 6.7 presents the results of the radiative–transfer calculations for the surface and

an atmosphere that contains an aerosol mixture in the MBL, a mixed lofted layer, and

boundary–layer clouds, corresponding to cases 6 and 7 in Fig. 6.4. Within the 24–hour

period (Fig. 6.7, right, top) the peaks of the attenuation in the observed downward

irradiance are in the range of the simulation results. Peaks in the observed downward

irradiance above the modeled irradiance for cloud–free conditions (red curve) are the result

of three–dimensional effects by the broken–cloud field. During moments of direct sunlight,

diffuse radiation of the broken clouds can lead to enhanced incident irradiance. This effect

is not considered in the simulations.

Figure 6.7 (left) shows the period from 9:20 to 14:40 UTC only. The modeled daily mean

irradiance for an atmosphere with a cloud with an reff of 8 µm and an LWC of 0.4 g m−3

(dotted, blue) is about 43% lower than the respective value for a cloud with an LWC of

0.1 g m−3 (dashed, blue) due to a higher concentration of droplets. A significant difference

of the irradiance is given, if reff is increased to 15 µm (dotted, green). In this case, a lower

concentration of larger droplets is present, i. e., less scattering events and less scattering

to the sides out of the modeled column. The simulation scenario of a cloud layer with

an reff of 8 µm and with an LWC of 0.4 g m−3 matches the strongest observed attenuation

of the irradiance (Fig. 6.7, left). In this case, the solar radiative effect of the clouds

and aerosols reaches instantaneous values of up to about −600 W m−2 at the surface
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Figure 6.7: Left: Observed (black) and modeled (color lines for aerosol and cloud conditions

shown in Fig. 6.4) solar irradiance at the surface on 1 May 2010. Red curves show simulation

results for a mixed MBL and a mixed lofted layer (30% smoke, case 5). Right, top: Observed and

modeled solar irradiance on 1 May 2010 (24 hours). Right, bottom: Solar radiative effect at the

surface. Error bars are determined in the same way as in Fig. 6.1 and are similar for all curves.

(Fig. 6.7, dotted, blue). Kalisch [2011] determined solar cloud radiative effects of up to

−400 W m−2 at the surface for cumulus clouds, and even higher values for altocumulus clouds.

The cloud effect on the upward irradiance at the TOA as derived with MSG (black in

Fig. 6.8 left) is most pronounced immediately after sunrise and before sunset. While the

strongest peaks of the downward irradiance at the surface are well covered by simulating

an additional cloud layer with an reff of 8 µm and an LWC of 0.4 g m−3 (Fig. 6.7, dotted,

blue) during the whole day, these atmospheric conditions cannot explain the upward

irradiance retrieved at TOA (Fig. 6.8, left). At the surface, the pyranometer measurements

are instantaneously affected by scattering of small liquid–water clouds (Fig. 6.7, left, and

Fig. 6.9, left). These widespread broken clouds do not significantly increase the mean

reflectance to values higher than the reflectance of the aerosol–laden atmosphere in the

3 km×3 km footprint of MSG from 10:30 to 15:00 UTC (Fig. 6.8, left). After 15:00 UTC

cloudiness increases (Fig. 6.9, right) which is accompanied by an increase in the reflectance
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Right: Solar radiative effect and incident solar irradiance at TOA. Error bars are determined in

the same way as in Fig. 6.1 and are similar for all curves.

and a higher solar irradiance at TOA (Fig. 6.8, left). However, cloud–free areas remain in

the footprint of MSG and lower the mean reflectance. Thus, at TOA the irradiance derived

with MSG is approximately obtained with an optically thin cloud layer with an reff from

8–15 µm and an LWC of 0.1 g m−3 (dashed in Fig. 6.8, left) or with a cloud reff of 15 µm

1 May 2010
16:30 UTC

1 May 2010
12:00 UTC

Figure 6.9: Sky images taken on (left) 1 May 2010 at 12:00 UTC and on (right) 1 May 2010 at

16:30 UTC.
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Figure 6.10: Left: Scheme of the downward and upward irradiance at the top and bottom of
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without clouds. In this case, the liquid–water content was 0.4 g m−3 and the effective droplet

radius was 8–15µm. Right: Overview of the aerosol conditions assumed in radiative–transfer

calculations presented in Sec. 6.3. The extinction profile is given by observations with lidar.

and an LWC ranging from 0.1 to 0.2 g m−3 (not shown). For the simulated conditions the

solar radiative aerosol–cloud effect (Fig. 6.8, right) ranges from −70 to −417 W m−2 close

to noon, when the incident irradiance (black) of 1304 W m−2 reaches its maximum at TOA.

The daily mean effect ranges from −33 to −139 W m−2.

The large range of the observed and modeled radiative effect shows the importance to consider

clouds in radiative–transfer studies. An interesting point is the change of the solar aerosol

radiative effect of the lofted layer above a cloud layer. Figure 6.10 (left) shows the daily

mean irradiance at the top and at the bottom of the observed lofted mixed dust/smoke

layer on 1 May 2010, which is located just above a cloud (left, reff from 8–15 µm, LWC of

0.4 g m−3) and during cloud–free conditions (right). The cloud enhances the reflectance of

solar radiation towards TOA. The solar albedo of the cloud (≈0.5) is higher than the albedo

of the ocean surface (≈0.05). The upward irradiance at the bottom of the layer is about

10 times higher in the case with a cloud layer underneath the aerosol layer, compared to the

cloud–free case. The mixed dust/smoke layer enhances the reflectance of the ground in the

case of a cloud–free atmosphere and increases the upward irradiance from 16 W m−2 at the

bottom of the layer to 25 W m−2 at the top of the layer. However, in the presence of a cloud

layer the irradiance at the top of the aerosol layer is 8%–10% lower than at the bottom. The

solar radiative effect of the aerosol layer changes from a cooling effect at the TOA (enhanced

upward scattering) to a warming effect when clouds are present.
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6.3 Statistics

The radiative–transfer calculations were performed for the entire lidar data set of Sec. 5.3.

In this effort, the profiles of extinction were approximated by step functions with MBL

aerosol (for heights <1000 m, green in Fig. 6.10, right) and free–troposphic aerosol (from

1–5 km height, red in Fig. 6.10, right). Marine aerosol was treated with a SSA of 0.99 [Müller

et al., 2011] and an asymmetry parameter of 0.65 [Fiebig and Ogren, 2006]. In the free

troposphere continental aerosol was assumed. Keeping the dominance of the Saharan dust

belt in consideration, the SSA was set to 0.9, the asymmetry parameter was taken from

Tab. 6.1 for an reff of 1.5 µm. An overview of the idealized aerosol conditions is shown

in Fig. 6.10 (right). In addition, the computations were simplified by assuming standard

atmospheric conditions [Anderson et al., 1986] and International Geosphere–Biosphere

Programme surface–albedo values that are offered in spectral bands for different surface

types1.

The simulation results were then compared with the ground–based pyranometer measure-

ments and the spaceborne observations of MSG. Each analyzed lidar measurement was used

to determine the downward irradiance at the surface and the upward irradiance at the TOA

during the day (24 hours) of the lidar measurement in steps of 15 minutes. The analyzed

lidar data set was cloud–screened to ensure that the simulated irradiance was influenced by

aerosols only. However, in the observation of irradiance clouds play an important role. The

cloud coverage as determined with the sky imager [Kalisch and Macke, 2008] was considered

to classify observations during cloud–free conditions. By default, only these observations

can be approximated with the simulations.

Figure 6.11 (left) shows a scatterplot of the modeled and measured irradiance at the surface.

During cloud coverage of less than 30% (blue dots) a good agreement was found. Usually,

in the presence of clouds the model shows overestimated irradiances because the additional

cloud radiative effect is not considered [Ramanathan et al., 1989]. Cases with measured

irradiance higher than modeled irradiance can occur due to reflections produced by the

superstructure of the ship and scattering by broken clouds at high sun elevation. The

superstructure of the ship also explains the low measured irradiance under cloud–free

conditions due to shadowing.

The irradiance at TOA derived from MSG presented in Fig. 6.11 (right) and the modeled

irradiance do not show good agreement. Although most values for cloud–free conditions are

1More information and values are given at: http://www-surf.larc.nasa.gov/surf/pages/explan.html
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Figure 6.11: Comparison of modeled and measured solar irradiance at the surface (left) and the

top of atmosphere (TOA, right). The color code represents the cloud coverage as determined with

a sky imager.

close to the 1:1 line through the origin no overall correlation can be found. The effect of

clouds on the regression is stronger at TOA than at the surface. In cloud–free conditions the

model results (point measurement of the lidar) agree better to the pyranometer observations

than to the irradiance as derived with MSG. The obtained pixel of MSG measurements has

a footprint of 3 km×3 km at the ground. The pyranometer observes a hemisphere of several

kilometers as well. The difference in the correlation between model result and observation

at TOA and surface might be caused by the frequent occurrence of broken–cloud fields over

the ocean and three–dimensional effects, but is not fully understood until yet.

According to Fig. 5.27 in Sec. 5.3 mean radiative effects at the surface of −24±33, −31±44,

and −15± 22 W m−2 were determined by the use of the extinction coefficients from 0–5 km

(Fig. 6.10, right) for the latitudinal belts between 60◦ and 30◦N, 30◦N and 30◦ S, and 30◦

to 60◦ S, respectively (black circles in Fig. 6.12, left). The strong fluctuations result from

the variability of the aerosol conditions and the strong difference between day and night.

The highest solar radiative effect occurs in the tropics, especially in the northern tropics

from 15◦N–EQ (−43±59 W m−2). The solar radiative effect of the free–tropospheric aerosol

(4–5 km height, red squares) shows the same patterns. The effect of the boundary–layer

aerosol (0–1 km, green diamonds) is quite constant with mean values in the range of −3 to

−7 W m−2 due to the relative constant aerosol load and aerosol type (i. e., sea salt) in the

MBL. Another important reason for the difference between the radiative effect of the MBL



84 CHAPTER 6. HEIGHT–RESOLVED RADIATIVE–TRANSFER CALCULATIONS

-60

-40

-20

0

20

S
ol

ar
 a

er
os

ol
 ra

d.
 e

ffe
ct

 (W
m

-2
)

60°N
30°N

30°N
30°S

30°S
60°S

30°N
15°N

15°N
0°

0°
15°S

15°S
30°S

P. A. Ste. 60°N
30°N

30°N
30°S

30°S
60°S

30°N
15°N

15°N
0°

0°
15°S

15°S
30°S

P. A. Ste.

-80
Surface

 Aerosol
 MBL
 Free Troposphere

TOA

 Aerosol
 MBL
 Free Troposphere
 MODIS
 CERES

Figure 6.12: Mean solar aerosol radiative effect at the surface (left) and top of atmosphere

(TOA, right) for different latitudinal belts as determined from libRadtran simulations with lidar

observations during three transatlantic cruises of Polarstern in 2009 and 2010 as input for the

vertical aerosol distribution according to Fig. 5.27. Error bars indicate the standard deviation.

Derived mean irradiances from CERES [Christopher and Zhang , 2002] and MODIS [Kaufman

et al., 2005] are added.

and the free troposphere is the non–absorbing sea salt (SSA ≈ 0.99 [Müller et al., 2011]).

Continental aerosol, especially black carbon, is known to effectively absorb radiation in the

solar range [Bond and Bergstrom, 2006]. However, the importance of the contribution of

marine aerosol to the global aerosol effect is due to the global distribution of water surfaces

on the Earth. The atmosphere over large remote areas in the Pacific Ocean and the Southern

Ocean contains marine aerosol only [Smirnov et al., 2009]. The TOA solar aerosol radiative

effect (Fig. 6.12, right) shows the same patterns as a function of latitude as the radiative

effects that occur at the surface (Fig. 6.12, left). However, they are smaller in range by a

factor of 2–3. In the latitudinal belt from 60◦–30◦N the solar aerosol radiative effect is −10±
13 W m−2, in the latitudinal belt from 30◦–60◦ S it is −6±9 W m−2. Spaceborne instruments

(Fig. 6.12, right) found solar aerosol radiative effects of −8 W m−2 for the latitudinal belt

from 60◦–30◦N above the Atlantic (blue squares) [Kaufman et al., 2005] and −2 W m−2

for the latitudinal belt from 20◦–40◦ S above the Pacific (brown squares) [Christopher and

Zhang , 2002] and confirm the difference between northern and southern midlatitudes. In

the northern tropics solar aerosol radiative effects of −13 W m−2 (latitudinal belt from 30−
10◦N) [Christopher and Zhang , 2002] and −14 W m−2 (30◦–5◦N) [Kaufman et al., 2005] were

determined. Based on the lidar measurements of this study solar aerosol radiative effects of

−12 ± 16 and −14 ± 18 W m−2 were estimated from the simulations for the tropical belts

from 30◦–15◦N and from 15◦–0◦N at TOA, i. e., very good agreement is obtained.
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The solar aerosol radiative effect was also determined for both measurement campaigns in

the southern hemisphere. The surface type was changed from ocean surface to grassland

(Punta Arenas) and savanna (Stellenbosch). Thus, the absorption efficiency of the surface

was reduced. In the boundary layer and the free troposphere continental aerosol was

assumed with the same microphysical properties as in the settings before (Fig. 6.10, right).

At the surface (Fig. 6.12, left) a solar aerosol radiative effect of about −12 and −10 W m−2

was determined at Stellenbosch and Punta Arenas, respectively. At Punta Arenas the

lowest AOT values (Fig. 5.27, left) in this study lead also to the lowest determined solar

aerosol radiative effect. At TOA the change of the surface albedo from ocean surface

(≈0.05) to savanna (≈0.18) strongly affects the radiative influence of the aerosol. Although

the mean AOT value (Fig. 5.27, left) determined at Stellenbosch (0.07) is in the range of

the determined AOT for the latitudinal belts from 30◦–60◦ S (AOT of 0.08, solar aerosol

radiative effect of −6 W m−2) and 15◦–30◦ S (AOT of 0.08, solar aerosol radiative effect of

−8 W m−2), the solar aerosol radiative effect is −1 W m−2. The aerosol effectively enhances

the reflectance above the ocean surface, but a distinct influence on the reflectance above

savanna or grassland cannot be found.

The presented simulations show that height–resolved extinction coefficients and different SSA

and asymmetry parameter for free–tropospheric and MBL aerosol are key input variables for

accurate, realistic radiative–transfer modeling. However, more detailed spectral information

about the extinction coefficients in at least equivalent bands of the correlated–k approxima-

tion (Sec. 4.7) should be aspired as well as routinely determined, spectrally resolved SSA

and asymmetry parameter for more accurate radiative–transfer calculations.
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Chapter 7

Contrasting the impact of aerosols at

northern and southern midlatitudes on

heterogeneous ice nucleation

Aerosol particles can influence cloud evolution processes in a variety of ways. Lohmann and

Feichter [2005] distinguished between the cloud albedo effect (the higher the amount of small

cloud particles, the higher the cloud reflectivity), the cloud lifetime effect (the smaller the

cloud droplets, the less precipitation), the semi–direct effect (the more radiation is absorbed

in the atmosphere, the higher the evaporation), the thermodynamic effect (the smaller the

liquid–water droplets, the more time and colder temperatures are needed for freezing), the

glaciation indirect effect (the more aerosol particles serve as ice nuclei, the more precip-

itation), the riming indirect effect (the smaller the cloud droplets, the less riming), and

the surface energy budget effect (the higher the attenuation of the incoming radiation, the

smaller the net surface solar radiation). The complexity of possible influences motivate on-

going strong observational and laboratory efforts because of the lack of a detailed knowledge

of aerosol–cloud interactions and, consequently, the large uncertainties in their description

and parametrization in atmospheric models. In particular, the process of heterogeneous ice

nucleation is poorly understood [Cantrell and Heymsfield , 2005], so that especially in this

scientific field more research (including atmospheric observation for a variety of aerosol and

meteorological conditions) is needed. In the next section, heterogeneous ice nucleation is

described and experimental approaches in the research field are briefly reviewed. The ad-

vantage of lidar in this field of research will be shown. Afterwards, the results of a study

on heterogeneous ice formation will be presented, which was focused on the comparison of

findings at northern and southern midlatitudes.
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7.1 Introduction

Aerosol particles are required to initiate ice nucleation in the atmosphere at temperatures

down to −37 ◦C [Pruppacher and Klett , 1997]. Besides aerosol properties (number con-

centration, size, aerosol type), ambient meteorological conditions (temperature, relative

humidity, vertical motions, turbulent mixing) as well as cloud microphysical properties

(e. g., droplet concentration and size, dynamics) control the nucleation of first ice crystals

in supercooled liquid–water clouds. There is no doubt that aerosol particles serving as

cloud condensation nuclei (CCN) or ice nuclei (IN) sensitively influence cloud processes.

One of the basic questions is however, how important this impact is (compared to ambient

meteorological influences and cloud dynamics) and whether global models [Chen et al.,

2008; Hoose et al., 2010], used to predict future climate change, properly reflect aerosol

effects on ice nucleation and the subsequent impact on the production of rain in different

clean to heavily polluted areas around the globe.

Below −38 ◦C homogeneous ice formation takes place, i. e., spontaneous ice formation in

supercooled liquid water droplets at high ice supersaturation levels without the need for

IN [Heymsfield and Sabin, 1989; Koop et al., 2000; Ansmann et al., 2009]. Between −38

and 0 ◦C IN offer a pre–crystalline structure for aggregating single water molecules that

enables the nucleation of ice crystals [Lundheim, 2002] which can, e. g., be described with

the active–site theory [Niedermeier et al., 2011]. Thereby, four general mechanisms can

be distinguished. Heterogeneous ice nucleation is possible by (a) deposition freezing that

denotes the direct deposition of water vapor on an IN at RHIce > 100%, (b) contact freezing

when a supercooled droplet collides with a dry IN at RHWater > 100%, (c) condensation

freezing which happens when the insoluble fraction of a CCN leads to instantaneous ice

nucleation of a freshly formed droplet at RHWater > 100%, and (d) immersion freezing

(same as condensation freezing but further cooling is needed after condensation). Ice forma-

tion processes including so–called secondary ice production are summarized by Seifert [2010].

Laboratory measurements of ice nucleation triggered by several aerosol types were performed

in the Aerosol Interactions and Dynamics in the Atmosphere cloud chamber (AIDA) [Möhler

et al., 2001] and the Leipzig Aerosol Cloud Interaction Simulator (LACIS) [Stratmann et al.,

2004; Hartmann et al., 2011]. According to many publications dust seems to be the most

important IN due to its high abundance [Liu et al., 2008a; Dentener et al., 2006], high active

fraction (favorable surface properties), and high temperature of activation. Möhler et al.

[2008a] and Connolly et al. [2009] found activation temperatures of −20 ◦C for pure dust in

agreement to observations of Ansmann et al. [2008].
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Soot particles may also be favorable IN. The freezing efficiency of soot strongly depends on

the generating process (forest fire, volcanic eruptions, fuel combustion, biomass burning)

that determines the shape and hygroscopic behavior of the soot [Gorbunov et al., 2001].

Activation temperatures of −18 to −26 ◦C for soot IN were found [Gorbunov et al., 2001;

Diehl et al., 2006]. A third class, assumed to be favorable IN, are bacteria. They show ice

nucleation at temperatures of −7 to −11 ◦C, but a very low fraction becomes activated [Levin

and Yankofsky , 1983; Lundheim, 2002; Christner et al., 2008; Möhler et al., 2008b].

At atmospheric conditions, mixtures of aerosol types develop during regional to long–range

transport [Tesche et al., 2011; Ansmann et al., 2011b]. Coating of, e. g., dust particles

by sulfuric acid or organics lower the IN efficiency and temperature of activation [Möhler

et al., 2005, 2008a; Cziczo et al., 2009; Niedermeier et al., 2010] which indicates that the

soluble part of particles determines its efficiency to serve as CCN whereas the insoluble part

is responsible for the ice activation potential or efficiency [DeMott et al., 1997; Diehl and

Wurzler , 2004; Diehl et al., 2006]. However, the controlling mechanisms that define the

ice activation temperature of a given particle population with a specific size distribution

and chemical composition are complex and not fully understood yet. In–situ sampling and

analysis of ice residues within the atmosphere provide valuable indications regarding the

IN properties of aged (coated, mixed) atmospheric aerosol particles [DeMott et al., 2003;

Prenni et al., 2009; Pratt et al., 2009; Stith et al., 2011]. Evidence of an increase in the

active fraction and temperature of activation of particle mixtures with anthropogenic metals

was found recently by Ebert et al. [2011], especially for lead–bearing particles.

In contrast, marine particles seem to be bad IN. Samples taken in marine environments

showed a negligible ice nucleation efficiency of marine aerosols (DMS, sea salt, and marine

bacteria) [Prenni et al., 2009; Ebert et al., 2011; Alpert et al., 2011] up to a suppression

of ice nucleation by DMS and soluble sea salt containing particles [Vortisch et al., 2000;

Zobrist et al., 2008].

Atmospheric investigations were mainly based on aircraft in–situ studies until 2005. Aircraft

observations are suitable to investigate the relationships between cloud–droplet, ice–crystal,

and IN number concentration in mixed–phase clouds [Peppler , 1940; Hobbs and Rangno,

1985; Heymsfield and Miloshevich, 1993; Hobbs and Rangno, 1998; Cober et al., 2001;

Korolev et al., 2003; Hogan et al., 2003; Field et al., 2004; Heymsfield , 2007; Lance et al.,

2011]. Hobbs and Rangno [1985, 1998] found, for instance, a strong correlation between the

occurrence of ice formation and the occurrence of a broad drop size spectrum. Ice crystals
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were observed at temperatures above −10 ◦C only for clouds that showed a significant

number of droplets with diameters larger than 20 µm.

In the probed mixed–phase clouds IN concentrations were often smaller than ice crystal

concentrations by several orders of magnitude [Hobbs and Rangno, 1985]. This difference

was explained by secondary nucleation processes (e. g., the Hallet–Mossop process [Hallett

and Mossop, 1974], crystal–crystal collisions [Vardiman, 1978]) that enhanced the ice

crystal concentration above that produced by the primary heterogeneous ice crystal produc-

tion [Hobbs and Rangno, 1985, 1990; Rangno and Hobbs, 2001]. However, aircraft studies

are performed at high ground speeds and perhaps affected by ice crystal shattering at the

probe inlets, too [Korolev et al., 2003; Heymsfield , 2007]. Uncertainties in the discrimination

of the ice and liquid phases for a wide range of cloud particle sizes was discussed by

Korolev et al. [2003]. One remarkable result from aircraft studies is the temperature

independence found for ice nucleation [Hobbs and Rangno, 1998; Fleishauer et al., 2002]

although a relation would be expected from laboratory studies, as discussed above. This

confusing result may be related to the fact that cloud top (and cloud top temperature)

is usually not well known and the in–situ measurements along flight tracks are frequently

performed up to several kilometers below cloud top [Mossop et al., 1970]. Thus, the initial

height of the primary ice nucleation, the cloud top [Rauber and Tokay , 1991; Harrington

et al., 1999; Lebo et al., 2008], and the respective temperature are not observed. Aircraft

frequently observe ice crystals that nucleated at higher altitudes and at colder tempera-

tures than assumed in the data analysis (temperature at flight level) [Fleishauer et al., 2002].

Ice crystal formation starts in supercooled clouds under most favorable temperature and

water–vapor conditions. This favorable environment is usually given at cloud top. Af-

ter nucleation, ice crystals grow fast and immediately start to fall [Song and Lamb, 1994].

Heymsfield et al. [2011] deduced mean linear ice crystal growth rates of 1.4 µm s−1 indepen-

dent of the ice crystal size in the range of 100 to 400 µm. Falling velocities of 0.2 to 1.0 m s−1

for ice crystal ensembles were observed with Doppler lidar at Leipzig [Ansmann et al., 2008].

Heymsfield [2003] found even falling velocities of 2.5 to 3 m s−1 for ice crystal ensembles with

1 mm median ice crystal radius. Because of the rapid ice crystal growth and high falling

velocities ice crystals need only a couple of minutes to fall from cloud top to cloud base

in layered clouds of 200–500 m vertical extent. Thus, they become visible as virgae below

cloud base and can also easily be detected with lidar. As a consequence of this sedimentation

effect and possible secondary ice production, it is important to observe the entire cloud when

studying heterogeneous ice nucleation effects.
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Ground–based polarization lidar observations have the advantage that the cloud top can

be resolved, if the cloud is optically not too thick, and simultaneously cloud virgae can be

studied with respect to the phase to unambiguously identify ice nucleation in clouds [Sassen,

2002; Sassen et al., 2003; Sassen, 2005; Ansmann et al., 2005, 2008, 2009; Seifert et al.,

2010; de Boer et al., 2011; Seifert et al., 2011]. In the following, the results of the current IfT

lidar cloud data with focus on heterogeneous ice formation and height–resolved mixed–phase

cloud characterization will be presented [Kanitz et al., 2011].

7.2 Results

A series of lidar studies were already performed at IfT regarding the role of desert dust

and tropical aerosols in heterogeneous nucleation of ice crystals in supercooled clouds at

Ouarzazate (Morocco), Cape Verde, and Leipzig [Ansmann et al., 2008, 2009; Seifert et al.,

2010]. Here the same method is applied to the three cloud data sets, each covering four

months of observations, that were recorded at Punta Arenas, at Stellenbosch, and aboard

Polarstern [Kanitz et al., 2011].

Aboard Polarstern and at Punta Arenas and Stellenbosch 3352 clouds were observed

with lidar in the framework of OCEANET from 16 October 2009 to 13 April 2011. The

geometrical properties of the clouds were determined by means of the lidar backscatter

information as shown in Fig. 7.1 (top). Two defined cloud layers are highlighted in Fig. 7.1

by square boxes. Strong backscattering at 355 nm occurred at heights around 1.5 and 5 km.

A cloud layer is defined as single cloud layer, if it is separated from adjacent clouds by

500 m in the vertical and 5 min in time. The time of occurrence of a cloud layer is defined

as the time from the first to the last signal profile that shows enhanced backscattering. All

signal profiles that were recorded within the time of occurrence of the cloud were averaged

to yield one single profile. From that profile the cloud top height (Htop) is determined. It

is the height at which the signal decreases to a value below the signal at cloud base (the

height bin above which the signal starts to increase). In Fig. 7.1 (top) Htop of 2.2 (lower

layer) and 6.4 km (upper layer) were determined.

In terms of the volume linear depolarization ratio (δvol, see Sec. 3.2) cloud layers that are

dominated by ice crystals reach δvol on the order of 30%–50%. Liquid–water clouds of

spherical water droplets cause δvol of 0% [Schotland et al., 1971; Liou and Lahore, 1974;

Sassen, 2005].
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Figure 7.1: Top: Range–corrected signal at 355 nm. Cloud top height Htop is derived from

the signal profiles (top, right). Bottom: In terms of the volume linear depolarization ratio cloud

layers at around 2 and 6 km are detected and identified as liquid–water layers below 2 km and

ice–containing cloud layers above 5 km. The GDAS1 temperature profile is used to determine

cloud top temperatures Ttop (given as numbers).

Fig. 7.1 (bottom) shows the height–time display of δvol (left) and the averaged δvol–profiles

in the lower right panel according to the cloud examples of 29 December 2009 above. The

upper cloud layer with Htop = 6.4 km (red box) causes high depolarization (red). The

averaged δvol–profile shows δvol of 30%. Thus, the cloud layer is categorized as ice–containing

layer. The lower cloud layer with Htop = 2.2 km (white box) appears dark blue in the

height–time display of δvol. The laser light sustains its state of polarization throughout the

cloud which points to a liquid–water cloud. However, in the averaged δvol–profile a small

peak can be seen. This peak is caused by multiple scattering (see Sec. 3.2) which has to

be considered in the cloud–phase discrimination. GDAS1 temperature profiles are available

every 3 hours. We selected the 21 UTC profile (Fig. 7.1, bottom, left) to estimate cloud top

temperatures Ttop as indicated in Fig. 7.1 (bottom).
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Figure 7.2: Lidar observation of a complex cloud system in terms of the range–corrected signal

(top) and volume linear depolarization ratio (bottom) height–time displays for 30–31 December

2009. Temperature profile measured with radiosonde (RS) at Punta Arenas at 12 UTC is shown

in addition (bottom, left). Several transparent cloud layers (box a, b, c) are identified and may

allow the determination of cloud top and top temperature. However, such complex, optically thick

cloud decks widely prohibit the detection of the uppermost cloud layer in which first ice crystals

nucleate.

Complex cloud systems as shown in Figure 7.2 are not considered in the cloud statistics

discussed below. The shown cloud system developed during the passage of a warm front.

Such cloud decks are optically thick so that laser light cannot penetrate the layer up

to the cloud top during most of the time (see periods between the boxes a and b in

Fig. 7.2). Even during time periods with partly transparent clouds (a, b, c in Fig. 7.2) it

usually remains unclear at what height ice nucleation was initiated. Several cloud layers

at different heights may be detected but the uppermost may not be visible in the lidar profiles.
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Table 7.1: Cloud statistics from the lidar cloud data records at Punta Arenas (Chile, December–

January, January–April), RV Polarstern (Atlantic), and Stellenbosch (South Africa). Out of the

total number of cloud cases observed (928 in December–January, 593 in January–April, 1316, 515)

95% (Punta Arenas, RV Polarstern) and 76% (Stellenbosch) were well defined in terms of cloud

phase and top height. Additionally, the cloud data set of an 11–year study at Leipzig (Germany)

is presented [Seifert et al., 2010].

Punta Arenas Punta Arenas RV Polarstern Stellenbosch Leipzig

2009/2010 2010 2009/2010 2010/2011 1997–2008

Dec–Jan Jan–Apr Apr–Sep

Cases (%) Cases (%) Cases (%) Cases (%) Cases (%)

Well–defined clouds 884 564 1251 389 1134

Clouds, phase state

Liquid–water clouds 646 (73%) 416 (74%) 980 (78%) 253(65%) 555 (49%)

Mixed–phase clouds 72 (8%) 52 (9%) 58 (5%) 41 (11%) 105 (9%)

Pure ice clouds 166 (19%) 96 (17%) 213 (17%) 95 (24%) 474 (42%)

Clouds, top temperature

< −40 ◦C 163 (18%) 132 (23%) 208 (17%) 87 (22%) 415 (37%)

−40 ◦C to 0 ◦C 631 (71%) 373 (66%) 228 (18%) 122 (31%) 417 (37%)

> 0 ◦C 90 (10%) 59 (10%) 815 (65%) 180 (46%) 302 (27%)

Cloud seeding effects may have caused ice production in lower cloud layers. In box (b)

ice nucleation is most probably initiated at the top of the highest observed layer (6.2 km,

−30◦C). Immediately, precipitation below the cloud is observed. However, it remains

unclear, whether cloud seeding [Rutledge and Hobbs, 1983; Ansmann et al., 2009] from above

also contributed to the detailed ice production. According to the seeder–feeder mechanism

falling ice crystals grow by the Bergeron–Findeisen process after entering lower cloud

layers from above and cause the supercooled droplets within these lower cloud layers to

transfer water vapor onto the crystals [Findeisen, 1938]. The grown ice crystals fall through

the cloud and form virgae below the lower cloud. In box (c) cloud layers up to 4.5 km

height were observed and suggest that the precipitation at 16:00 UTC is caused by precipi-

tating overlying clouds that are invisible due to the optical thickness of the underlying clouds.

Table 7.1 lists all observed cloud layers that were characterized by Ttop and cloud phase at

the three measurement sites. In addition, observations at Leipzig, Germany are included.

The cloud data set is divided into three classes according to cloud phase and Ttop.

Liquid–water, mixed–phase, and pure ice clouds were distinguished as well as warm clouds

(Ttop > 0◦C).
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At Punta Arenas 884 clouds were characterized during the first seven weeks (December–

January) of the four–month campaign. 27% out of all clouds contained ice crystals (pure

ice and mixed–phase). 71% had a cloud top temperature between 0 and −40 ◦C. The

last months (January–April) of the ALPACA campaign were treated separately. The

355–nm depolarization channel did not work properly from the end of January until the

end of the campaign. In this period, clouds were counted as mixed–phase clouds, when

the extinction coefficient was clearly >1.0 km−1 (i. e., clearly above the values for typical

cirrus) and the cloud produced virgae. According to our experience during the first two

months of the campaign we assumed that all virgae consist of ice crystals and indicate

ice nucleation. The statistics of liquid–water, mixed–phase, and pure ice clouds for the

December–January period and the entire period from December to April are rather similar

as Tab 7.1 indicates so that it is sufficient to use the December–January cloud data

set for further studies. In this way, the entire lidar study focusing on the comparison

of cloud observations at very different sites is solely based on polarization lidar measurements.

Aboard Polarstern the highest fractions of warm clouds were found. 65% out of all cases

are pure liquid–water clouds with top temperature above 0 ◦C. Most of these clouds were

shallow clouds at the MBL top. The liquid–water cloud fraction (78%) and the fraction of

warm clouds show that only 13% of the characterized clouds were supercooled liquid–water

clouds (Ttop < 0 ◦C). In total 210, 785, and 256 clouds were defined in the northern mid-

latitudes (60◦–30◦N), the tropics (30◦N–30◦ S), and the southern midlatitudes (30◦–60◦S),

respectively. The lidar was running whenever weather conditions were appropriate and the

sun elevation was <80◦.

A comparably small amount of cloud layers (515 total) was recorded at Stellenbosch

during the four–month period. 389 clouds (76%) were well defined (i. e., cloud top could

be detected, volume linear depolarization ratio profile was of high quality). 35% of the

well–defined clouds were ice–containing clouds. The measurements at Stellenbosch had to

be interrupted during noon. The air conditioning system of PollyXT was not able to cool

down the lidar cabin at high sun conditions during the subtropical southern hemispheric

summer (air temperature >35 ◦C). Therefore, the measurements were performed between

10:00 UTC and 16:00 UTC only for 10 minutes each hour to document the daily development

of aerosol and cloud layers above Stellenbosch. Between 16:00 UTC and 10:00 UTC the

measurements were continuously running.
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The Leipzig cloud data set [Seifert et al., 2010] selected for this study contains only clouds

measured during the summer periods from April to September in the years 1997 to 2008.

The summer period was chosen only because the measurements at Punta Arenas and

Stellenbosch were also performed during the summer season.

Table 7.1 shows that the fraction of mixed–phase clouds is comparably low (<11%) at all

stations and aboard Polarstern. Liquid–water clouds dominate at Punta Arenas, Stellen-

bosch, and aboard Polarstern, but not at Leipzig (almost similar number for liquid–water

and pure ice clouds).

In Fig. 7.3 the observed clouds are given as a function of Htop (left). Fig. 7.3 (right) presents

the frequency distribution of cloud depth for the three defined cloud classes. As can be

seen, similar distributions of cloud heights and depths were observed at the different lidar

sites. As mentioned above, complex cloud decks are excluded from the statistics. This holds

also for the Leipzig cloud data set. The maximum cirrus top height is 18 km (Polarstern,

includes tropical cirrus), <15 km (Stellenbosch, subtropics), <14 km (Leipzig, midlatitudes),

and <13 km (Punta Arenas, midlatitudes). Cloud top heights of mixed–phase clouds range

from 4–11 km (Polarstern), 5–10 km (Stellenbosch), 2–10 km (Leipzig), and 3–8 km height

(Punta Arenas). The comparably large Htop range observed aboard the Polarstern shows

that tropical as well as midlatitudinal cloud layers are included in the statistics. In contrast,

at Punta Arenas almost polar climate conditions dominate (as discussed below). Cloud top

heights of liquid–water cloud layers are all <8 km with the highest frequency of occurrence

below 3 km height at all sites.

In Fig. 7.3 (right) cloud depth distributions show similar features for the different sites.

Roughly 80% out of all liquid–water cloud layers show depths of <1 km, 80% out of all

mixed–phase cloud layers had a vertical extension <2 km (from top to the bottom of the

virgae), and 80% out of all cirrus depths were <3 km. Thus, the lidar observations include

mostly layered clouds (altocumulus, altostratus). Convective clouds are excluded for the

reasons discussed above.

Figure 7.4 shows the fraction of ice–containing clouds as a function of cloud top temperature

(Ttop). Besides the OCEANET and the Leipzig observations, measurements performed at

the tropical site of Praia, Cape Verde, are included. These measurements were conducted

in the framework of SAMUM–2 in the winter of 2008 [Ansmann et al., 2009].
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Figure 7.3: Frequency of occurrence of cloud top heights and cloud depths, separately for liquid–

water cloud layers (blue), mixed–phase cloud layers (green), and pure ice cloud layers (red).

Cumulative frequency of occurrence of cloud layers in certain cloud depth ranges is given for each

site. The statistics are based on the 884, 1251, 389, and 1134 cloud layers at Punta Arenas, Chile

(December–January), RV Polarstern, Stellenbosch, South Africa, and Leipzig, Germany (summer

half year), respectively.
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Figure 7.4: Frequency of occurrence of ice–containing (mixed–phase and pure ice) cloud layers

as a function of cloud top temperature. Clouds with cloud top temperatures between −40 and

0 ◦C are considered. Observational sites are Punta Arenas (black, Dec–Jan, grey and denoted

with *, Jan–Apr), RV Polarstern (green), Stellenbosch (orange), Leipzig (red, summer periods

from Seifert et al. 2010), and Cape Verde (navy blue, seeding–corrected clouds from Ansmann et

al. 2009). Error bars indicate the standard deviation [Seifert et al., 2010]. The total number of

observed cloud layers for each 5–K temperature interval is given on top.

The error bars in Fig. 7.4 are calculated from the standard deviation σ of binomial dis-

tributions (see Eq. 7.1) which depends on the number of sampled cloud events n and the

fraction of ice–containing clouds f representing the likelihood that an ice–containing cloud

is observed [Seifert et al., 2010]:

σ =
√
f(1− f)/n. (7.1)

As can be seen in Fig. 7.4, a significant fraction of ice–containing clouds of 20% is found

over Leipzig already at temperatures around −10 ◦C. In contrast, less than 15% and even

<5% of the clouds contain ice at this temperature over Stellenbosch and Punta Arenas,

respectively. With decreasing Ttop the fraction of ice–containing clouds increases at all sites.

However, the slopes of the curves are very different in Fig. 7.4. At Ttop = −15 ◦C about 60%
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Figure 7.5: Frequency of occurrence of ice–containing clouds as a function of height. The cloud

fractions are computed for 10 cloud top height intervals of 1 km vertical extent. Error bars indicate

the standard deviation [Seifert et al., 2010]. The total number of observed cloud layers for each

interval is given at the right.

(Leipzig), <25% (Stellenbosch, Polarstern), and <10% (Punta Arenas) are mixed–phase or

pure ice clouds. The 90%–100% level of ice–containing clouds is reached at Ttop > −25 ◦C

(Leipzig), around −30 ◦C (Stellenbosch, Polarstern), and <–35 ◦C (Punta Arenas). The

curve for Cape Verde is rather similar to the one for Punta Arenas. This strong contrast

in the results (Leipzig versus Punta Arenas) clearly points to a significant influence of

aerosol particles on ice formation. However, atmospheric (meteorological) and geographic

influences may have contributed to this strong contrast. Whereas at Punta Arenas (and

also at Stellenbosch and over Polarstern) marine environmental conditions prevail, Leipzig

is clearly a continental site. Orographic effects by mountains up to 3–4 km height about

500 km south west of Leipzig and 100 km west of Punta Arenas may significantly influence

the weather patterns in addition.

To check the influence of different atmospheric conditions, in Fig. 7.5 and 7.6 the cloud

statistics are presented as a function of height. In this way, also the aerosol effects can be



100 CHAPTER 7. AEROSOL IMPACT ON HETEROGENEOUS ICE NUCLEATION

 Cape Verde

H
ei

gh
t (

km
)

2

3

4

6

8

10

5

7

9

-40 -35 -30 -25 -20 -15 -10
Cloud Top Temperature (°C)

1

6

11

19

32

25

1

4

13

16

1

2

11

11

23

10

19

23

18

4

1

31

46

21

 Punta Arenas

Ice-containing Clouds
-40°C < Ttop < 0°C

 Stellenbosch
 Leipzig

Figure 7.6: Mean cloud top temperature of all ice–containing clouds observed within each of

the nine height intervals from 1.5 to 10.5 km height over four different sites. Vertical extent of

each height interval is 1 km. Error bars indicate the mean standard deviation. Total number of

observed cloud layers for each interval is given at the right.

further investigated, because the strongest influence of particles is expected to occur at

low height (close to the sources of atmospheric particles). On the other hand, longe–range

transport of particles (desert dust, forest–fire smoke) typically takes place at heights from

2–6 km [Müller et al., 2005; Mattis et al., 2008].

Figure 7.5 shows the fraction of ice–containing clouds and the increase of this fraction as a

function of height. As can be seen, similar height–dependent distributions of ice–containing

clouds are found at Punta Arenas and Leipzig. Significant ice nucleation starts at heights

>4 km and the range of strongest change in the fraction of ice–containing clouds extents

from 3.5–6.5 km height. This suggests that atmospheric aspects can be widely ruled out in

the explanation of the differences of cloud statistics for Punta Arenas and Leipzig. In the

subtropics (Stellenbosch) and tropics (Cape Verde), ice nucleation starts at heights >6 km

(and thus even above most of the lofted aerosol layers).
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According to Fig. 7.6, which shows the distribution of cloud top temperatures of ice–

containing clouds as a function of height, the clouds over Punta Arenas are however much

colder (10–15 K) than over Leipzig in the range from 3.5–6.5 km height. Whereas Leipzig

is a representative station of the northern midlatitudes (temperate region), Punta Arenas

seems to be strongly influenced by polar weather regimes (polar region). Consequently, the

subtropical and tropical datasets show even higher cloud temperatures for a given height

(e. g., at 6 km). All in all, the results in Fig. 7.5 and 7.6 corroborate that the observed strong

contrast in the statistics of ice–containing clouds shown in Fig. 7.4 is related to strong

differences in aerosol conditions in the free troposphere rather than meteorological conditions.

At northern midlatitudes, the aerosol conditions in the free troposphere are widely deter-

mined by anthropogenic pollution from North America, Europe, and East Asia, desert dust

emissions in Africa, America, and Asia, and releases of forest–fire and other biomass–burning

smoke in the latitudinal belt from 35◦ to 65◦N [Müller et al., 2005; Mattis et al., 2008;

Uno et al., 2011]. In addition, biological material (pollen, bacteria, leaf fragments) may

contribute to efficient ice nucleation. At high southern latitudes over remote oceanic areas

(>50◦ S), continental aerosol particles are widely absent and, even if present, the most

favorable large IN may already be removed by dry and wet deposition [Bigg , 1973]. From

a review of in–situ observations Heintzenberg et al. [2000] show that the most favorable

IN are present in much lower concentrations in the southern hemisphere compared to the

northern hemisphere (e. g., dust roughly 88% less, metals roughly 82% less). Here, clean

marine conditions prevail as confirmed by Minikin et al. [2003].

An interesting point is visible in Fig. 7.5 and remains to be discussed. Although the fraction

of ice–containing clouds increases in a similar way between 4 and 6 km height over Punta

Arenas and Leipzig, there is a significant deviation at heights from 2–4 km. This is in

agreement with Fig. 7.4, which shows the heterogeneous ice nucleation over Leipzig begins

already at temperatures >–10 ◦C. The reasons are not clear, but it may be another hint

that anthropogenic pollution as well as biological material are responsible for this effect

found over Leipzig. Summertime planetary–boundary–layer heights are frequently above

2 km so that turbulent mixing causes an efficient upward flux of, e. g., urban haze into the

lower free troposphere. In contrast, the free troposphere above Punta Arenas shows very

low aerosol concentration (see Sec. 5.3).

Figure 7.7 corroborates this argumentation. HYSPLIT 120–hours backward trajectories

for each cloud layer considered in the statistics are shown. In the top and center panel
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Figure 7.7: 120–hour HYSPLIT backward trajectories of ice–containing clouds over Punta Are-

nas as function of time and height (top), location (center). Respective backward trajectories for

liquid–water clouds (bottom). Only clouds observed in December 2009 to January 2010 are shown.

the height and location of the backward trajectories for ice–containing clouds is shown

classified by Ttop with a color code. The lower panel shows the location of the backward

trajectories for liquid–water clouds classified by Ttop, too. Almost all observed air parcels

were advected from west to east, from the Pacific to Punta Arenas. Some of the trajectories

show by rising air parcels from start heights <2 km to final heights >4 km (e. g., red

thick trajectory) that a turbulent mixing with the boundary layer may inject IN into the
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Figure 7.8: Same as Fig. 7.7, except for Stellenbosch (December 2010 to March 2011).

observed air masses. Most of the trajectories of ice–containing clouds with temperature

>–25 ◦C (red and yellow curves) pass the west coast of Chile north of Punta Arenas and

cover a longer distance over the continent which enhances the probability of an uptake of

continental IN, too. However, most of the trajectories remain above 3 km height and show

a marine origin. Thus, the IN availability is defined by the background aerosol concentration.

At Stellenbosch the aerosol conditions are influenced by desert dust from Namibia, smoke

from South Africa and Madagascar, and anthropogenic pollution from the industrial region
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around Johannesburg and Pretoria [Tesfaye et al., 2011]. In addition, smoke from South

America can be advected to South Africa [Kaufman et al., 1998; Reid et al., 2004]. During

the GOPHER campaign lofted layers of soil and smoke were frequently observed with

lidar. Figure 7.8 shows the calculated 120–hour HYSPLIT backward trajectories of each

observed cloud layer at Stellenbosch. The trajectories of ice–containing clouds show a much

higher contribution of continental air to the free–tropospheric aerosol load. Most of the

ice–containing clouds with Ttop > −25 ◦C (red and yellow curves) were observed when

air masses were advected along the west coast of South Africa. The probability for dust

uptake is high as long as the trajectories are below 4–5 km when they pass desert areas, as

SAMUM observations indicate [Tesche et al., 2009]. Trajectories for ice–containing clouds

with Ttop < −25◦C frequently indicate long–range transport from South America at large

heights and a marine origin without significant amounts of IN.
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Chapter 8

Summary and Outlook

The Earth’s climate is sensitively influenced by aerosols and clouds. Their horizontal and

vertical variability and their interactions produce high uncertainties in global atmospheric

modeling. Within this thesis the vertical distribution of aerosols above the North and South

Atlantic was analyzed with multiwavelength Raman and polarization lidar measurements.

The retrieved height–resolved aerosol particle optical properties were used to determine the

direct aerosol radiative effect. In addition, the polarization lidar measurements enabled the

investigation of the glaciation effect.

The presented results were based on lidar measurements in the framework of OCEANET

aboard the research vessel Polarstern during three transfer cruises over the Atlantic ocean,

between Germany and either South America or South Africa. Each of the meridional cruises

covered a distance of about 10000–14000 km and corresponding time periods of 4–6 weeks.

The observations were performed within tropical, subtropical, and midlatitudinal conditions

in both hemispheres and frequently downwind of various continental aerosol sources. In

addition, measurements in the southern hemisphere were carried out during the southern

hemispheric summer half year in Punta Arenas, Chile (2009/2010), and Stellenbosch, South

Africa (2010/2011).

Within the first topic of the thesis, the vertical distribution of aerosols above the North

and South Atlantic was analyzed. Pure and mixed layers of Saharan dust with an AOT of

about 0.2 were observed at the west coast of North Africa. The pure Saharan dust layer

showed distinctive wavelength–independent lidar ratios of 50–60 sr and an extinction–related

Ångström exponent of about 0.1. Based on the lidar depolarization measurements a

biomass–burning smoke fraction of up to 30% was found in an observed mixed layer. For the

first time, plumes of Patagonian desert dust were characterized with lidar. The shipborne
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lidar observations revealed a lidar ratio of 42 ± 17 sr (532 nm) and a backscatter–related

Ångström exponent of 0.4± 0.1. The dust particles were found up to 3 km height. Although

the wind speed above the Patagonian desert was high with ≈25 m s−1, the AOT was low

with 0.02 − 0.03. In contrast to African deserts and Sahel areas there are apparently only

small amounts of particulate material available in Patagonia that can be lifted and advected

eastwards. Unexpectedly, layers of volcanic ash from the Eyjafjallajökull eruption in 2010

could be investigated, too. The ash–related AOT was 0.04 − 0.06. Determined mean lidar

ratios of 45–64 sr, Ångström exponents of ≥1, and strong depolarization of more than

30% indicated a mixture of sulfate aerosol and volcanic ash. From a statistical analysis

distinct difference in the meridional distribution of aerosol layers in the free troposphere

was found. While the MBL showed AOTs of about 0.05, independent of the latitude, the

free–tropospheric aerosol can feature AOTs roughly tenfold higher. The highest optical

thickness was determined in the northern tropics (0.27), mainly in the outflow regime of

Saharan dust. South of the equator a sharp decrease in the amount of free–tropospheric

aerosol in the tropics was found. The strong north–to–south difference in the aerosol load

also hold for the midlatitudes in both hemispheres. In the northern midlatitudes an AOT

of 0.12 was found, in the southern midlatitudes an AOT of 0.07 was determined. While

lofted layers were observed up to 5 km height in the free troposphere, the marine boundary

layer extended up to about 0.4–0.9 km height. In a comparative study the shipborne lidar

measurements showed a good agreement to collocated Sun photometer measurements. The

first ground validation of the spaceborne lidar CALIOP with a Raman lidar above the

Atlantic was performed. Based on 41 satellite overpasses a good agreement was found in

the backscatter coefficient at 532 nm. However, a distinct bias of mistreated thin marine

boundary clouds in the data of CALIOP was observed and had to be removed from the

data set.

While the site at Stellenbosch is located close to the subtropics and was affected by regional

continental aerosol sources, free–tropospheric aerosol layers were almost absent over Punta

Arenas. The determined AOT statistic at Stellenbosch (AOT of 0.07) was similar to the

AOT statistic for the latitudinal band from 15◦ to 30◦ S (AOT of 0.08) obtained from the

shipborne observations during the three cruises. At Punta Arenas clean marine conditions

prevailed (AOT of about 0.05), because constantly marine air masses were advected to the

measurement site by the Antarctic low–pressure belt.

The information of the aerosol vertical distribution is a key parameter in modeling the effect

of aerosols on the Earth’s radiation budget. The vertical profiles of lidar–derived particle
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optical properties were used as input for radiative–transfer calculations which represent the

second topic of this thesis. During the presence of a lofted Saharan dust plume a solar radia-

tive effect of −23 to −27 W m−2 at the surface and −2 to −8 W m−2 at TOA was determined

with libRadtran. In the case of a lofted mixed layer with Saharan dust and biomass–burning

smoke a daily solar aerosol radiative effect of −2 W m−2 at TOA and −28 W m−2 at the

surface was determined. Additional radiative–transfer calculations showed that the lofted

mixed dust/smoke layer has a cooling effect at TOA in cloud–free conditions. This effect

changes to a warming effect, if underlying boundary–layer clouds occur. The albedo at the

bottom of the lofted layer was increased by a factor of 10 from 0.05 (over the cloud–free

ocean) to 0.5 when clouds are present below the lofted layers. The complete lidar data set

served for for the first latitude–dependent investigation of the solar aerosol radiative effect

of free–tropospheric and boundary–layer aerosol with ground–based lidar data. According

to the determined frequent occurrence of free–tropospheric aerosol layers the solar aerosol

radiative effect was highest in the latitudinal belt of the northern tropics from 15◦N to

the equator with −43 W m−2 at the surface and −14 W m−2 at TOA. The radiative effect

of the marine boundary layer alone showed low mean values of −3 to −7 W m−2 at the

surface and −3 to −6 W m−2 at the TOA in all obtained latitudinal belts. The entire

simulation results were compared to irradiance measurements at the surface and with

satellite. The best agreement for all simulations was found for cloud–free conditions at the

surface. However, the uncertainties in the single–scattering albedo and the phase function

of the atmospheric aerosol particles remain as significant error sources in radiative simulation.

Aerosols also indirectly influence the radiation budget by affecting cloud microphysics. One

of these effects is the heterogeneous ice formation in supercooled water clouds. Within the

third topic of this thesis, for the first time, this aerosol effect was investigated under different

aerosol conditions but comparable meteorological conditions by the use of observations

in the southern midlatitudes (Punta Arenas, 52◦ S) and a previous study in the northern

midlatitudes (Leipzig, 51◦N). Less than 20% and around 70% of the cloud layers with cloud

top temperatures from −15 to −20 ◦C showed ice formation over Punta Arenas and Leipzig,

respectively. More than 90% of the cloud layers contained ice over Leipzig at temperatures

from −25 to −30 ◦C, whereas this level was not reached at Punta Arenas before cloud top

temperatures were below −35 ◦C. Half of the observed cloud layers contained ice at −13 ◦C

at Leipzig and at −30 ◦C at Punta Arenas. Favorable ice nuclei were almost absent at

Punta Arenas as was confirmed by the lidar aerosol observations. In contrast, a mixture

of favorable mineral and anthropogenic ice nuclei are ubiquitous in Central Europe. In

addition, at Stellenbosch and aboard Polarstern about 30%–40% of the observed cloud layers
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with cloud top temperatures from −15 to −20 ◦C were classified as ice–containing clouds.

In total, the existing cloud data set of IfT was increased from 2546 to 5898 clouds. The IfT

lidar cloud data can be regarded as one of the most comprehensive cloud libraries with focus

on heterogeneous ice formation and height–resolved mixed–phase cloud characterization.

The scientific potential of long–term observations aboard Polarstern during the meridional

transatlantic cruises was already recognized during the OCEANET cruises. Thus, the

mobile measurement facility OCEANET–Atmosphere was extended by including radiation

measurements of the Leipzig Institute of Meteorology in 2011 and in–situ aerosol measure-

ments of IfT. The facility will routinely perform measurements aboard Polarstern in the

future. The height–resolved observations of the atmospheric state, of free–tropospheric

aerosol layers, of downmixing from lofted layers, and the presence of embedded clouds will

be possible with the ongoing lidar measurements. The increasing lidar data set will enable

a more detailed latitudinal investigation of tropospheric aerosols and their glaciation effect.

Combinations of further radiation measurements of OCEANET–Atmosphere, especially

highly spectral–resolved observations, with the lidar–derived height–resolved extinction

coefficient and the lidar–derived particle linear depolarization ratio will give more insights

into the solar radiative effect of aerosols and clouds. In doing so, the simulations should be

extended to three–dimensional Monte Carlo simulations and also to the terrestrial spectral

range. An improved understanding of the global influence of aerosols and clouds will be

obtained with the shipborne lidar observations, which also serve as a unique ground–based

validation of height–resolved spaceborne observations above the Atlantic. Especially in

the barely investigated southern hemisphere, possibilities for ground truthing are missing.

Modelers and laboratory studies benefit already from the unique observations at Punta

Arenas. New routes, like along the Saharan dust outflow from Africa to America, will

improve the knowledge about aerosol effects caused by freshly emitted to aged particles.
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Appendix A

Comparison of radiosonde and

modeled (GDAS1 data set)

temperature profiles

In Sec. 7.2 the cloud top temperature is used to investigate the fraction of ice–containing

clouds under consideration of aerosol–particle and meteorology–related influences. Since

PollyXT is not able to determine the temperature profile, and under consideration of the

barely available radiosonde launches aboard Polarstern (daily, 12:00 UTC), Punta Are-

nas, Chile (Airport of Punta Arenas1, from December 2009 to April 2010, unsteady daily,

12:00 UTC), and Stellenbosch, South Africa (Airport of Cape Town2, from December 2010 to

April 2011, daily, 12:00 UTC), GDAS1 modeled temperature profiles were utilized. A statis-

tical comparison of temperature profiles measured with radiosondes and the corresponding

GDAS1 temperature profiles was performed. Figure A.1 shows the scatterplots of the tem-

peratures measured with radiosondes and the related GDAS1 temperatures. At all three

measurement sites measured and modeled temperature show a significant correlation by the

coefficient of determination (R ≥ 0.99) and p-value of less than 0.0001. The mean differ-

ence and its standard deviation of measured and modeled temperature is 0.158 ± 0.84 K

(Polarstern), −0.214± 1.23 K (Punta Arenas), and −0.284± 2.22 K (Stellenbosch).

1http://weather.uwyo.edu/upperair/sounding.html
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Figure A.1: Linear regressions of interpolated radiosonde temperature profiles to GDAS1 mod-

eled temperature profiles. Top: Comparison of the temperature profiles aboard Polarstern during

the transatlantic cruises results in y = −0.25 + 0.99x, R = 1. Center: Comparison of the temper-

ature profiles at Punta Arenas, Chile (53◦S, 71◦W) from December 2009 to April 2010 results in

y = −0.06 + 0.99x, R = 0.99. Bottom: Comparison of the temperature profiles at Stellenbosch,

South Africa (34◦S, 19◦E) from December 2010 to April 2011 results in y = 0.06 + 0.99x, R = 1.
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Appendix B

MODIS maps of annual AOT
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Figure B.1: Maps of the annual mean AOT at 550 nm for the years 2005 and 2006 derived with

MODIS. High AOTs are denoted by bright colors.
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Figure B.2: Same as in Fig. B.1, but for 2007 and 2008.
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Figure B.3: Same as in Fig. B.1, but for 2009 and 2010.
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Appendix C

Quality assurance of CALIOP level 2

version 3 data

The CALIOP level 2 data set provides profiles of backscatter and extinction coefficients at

532 and 1064 nm. Version 3 denotes the current state of the data analysis algorithm [e. g.,

Liu et al., 2010]. The data of CALIOP were extracted as described before in Sec. 5.3.

Further, the extracted data were checked by the provided Cloud–Aerosol–Discrimination

score (CAD score), the information of the Feature Classification Flag (FCF), and the

extinction flags, as well as the backscatter and extinction uncertainty. The CAD score is −1

to −100, if aerosol was observed as defined by the probability distribution functions [Liu

et al., 2004, 2009; Liu et al., 2010]. Values closer to −100 suggest a high probability and an

unambiguous assignment as aerosol. The FCF contains confidence level information for the

discrimination in clouds and aerosols (feature type, ft) and the discrimination in different

aerosol types (feature subtype, fst) [Omar et al., 2009]. The quality assurance within

the extinction flags describes the last process of the data analysis of the CALIOP data

to retrieve particle backscatter and extinction coefficients. Within the Hybrid Extinction

Retrieval Algorithm (HERA) [Young and Vaughan, 2009] the data analysis might fail for

fixed lidar ratios [Omar et al., 2009]. Thus, the lidar ratio is varied, e. g., to prevent negative

extinction coefficients. Values of <8 in the extinction flags allow for these changes. Values

>7 describe other possible problems, e. g., the calculated backscatter coefficient exceeds the

maximum allowable value and is neglected.

In the quality assurance lots of geometrically and optically thin cloud layers (especially

embedded clouds and boundary–cloud layers) were found which were treated as aerosol

layers (−90 ≥ CAD ≥ −100) by mistake and were not refused by other quality assurance

flags. Single profiles that contained such clouds showed a distinct peak in the particle
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Figure C.1: Left: Profiles of the particle backscatter and extinction coefficient extracted from

CALIOP level 2 version 3 data of 29 October 2009, 03:16 UTC (profiles 1570 to 1586). Right:

Height–time display of lidar observation aboard Polarstern.

backscatter coefficient (Fig. C.1, left). Within an intensive study it was found that the

contrast in the extinction coefficient (Fig. C.1, center) was even better to determine

cloud–contaminated aerosol backscatter profiles. The red curve in Fig. C.1 (center) indicates

a cloud layer with values of the extinction coefficient >1000 Mm−1. Below the sharp peak

the extinction coefficient remains increased due to multiple scattering (see Sec. 3.2.5). The

intensive study of all cloud–contaminated aerosol profiles results in a threshold value of the

particle extinction coefficient of 400 Mm−1. Most of the cloud–containing profiles showed

also multiple–scattering effects. As a consequence, profiles of aerosols below well–treated

cloud layers were unconsidered in the data analysis, too.

The particle backscatter and extinction uncertainty is determined within HERA in terms

of a propagation of the errors of the total, the normalized, and the molecular backscatter

and the molecular and particle transmittance (see Uncertainty Analysis for Particulate

Backscatter, Extinction and Optical Depth Retrievals reported in the CALIPSO Level 2,

Version 3 Data Release1). However, the uncertainty does not help to find confidential values

because low values in the particle backscatter coefficient with relative high uncertainties are

not wrong per se. The applied thresholds in this thesis are summarized in Tab. C.1.

During the three cruises of Polarstern CALIPSO passed the ship 41 times within 200 km spa-

tial and 1 hour temporal distance. The selected data contained 38 times profiles of backscat-

1http://eosweb.larc.nasa.gov/PRODOCS/calipso/pdf/CALIOP Version3 Extinction Error Analysis.pdf
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Table C.1: Boundaries for the quality assurance of CALIOP level 2 version 3 data

Criterion Allowed values Meaning

CAD score −90 to −100 aerosol with high probability

Feature Type >1 middle and high confidence

Feature Subtype 1 confident

Extinction flag <8 allow only changes in LR

Extinction <400 Mm−1 find mistreated boundary–layer clouds

Overlying clouds account for multiple scattering

Table C.2: Availability of CALIOP level 2 version 3 data.

Distance (km) Overpasses Aerosol Val. Aerosol Data Points Val. Points (%)

0–25 – – – – –

25–50 3 2 2 556 449 (81)

50–75 7 7 4 713 510 (71)

75–100 8 8 5 1506 848 (56)

100–125 5 5 5 1934 848 (44)

125–150 2 2 2 248 210 (85)

150–175 7 6 5 992 479 (48)

175–200 9 8 5 1457 1051 (72)

Sum 41 38 28 7406 4395 (59)

ter and extinction coefficients. After the quality assurance process 28 cases remained. In

average, 41% of the available data were refused. Details are presented in Tab. C.2.
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Bösenberg, J., V. Matthias, A. Amodeo, V. Amoridis, A. Ansmann, J. M. Baldasano,
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Kraus, H. (2004), Die Atmosphäre der Erde, 108 pp., 305 pp., Springer, Berlin, Germany.

Kylling, A. (1992), Radiation transport in cloudy and aerosol loaded atmospheres, Ph.D.
thesis, Alaska University, Fairbanks.

Labraga, J. (1994), Extreme winds in the Pampa del Castillo Plateau, Patagonia, Argentina,
with reference to wind farm settlement, Journal of Applied Meteorology, 33, 85–95, doi:
10.1175/1520-0450(1994)033〈0085:EWITPD〉2.0.CO;2.



BIBLIOGRAPHY 131
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Steinke, I., O. Möhler, A. Kiselev, M. Niemand, H. Saathoff, M. Schnaiter, J. Skrotzki,
C. Hoose, and T. Leisner (2011), Ice nucleation properties of fine ash particles from the
Eyjafjallajökull eruption in April 2010, Atmospheric Chemistry and Physics, 111, 17665–
17698, doi:10.5194/acpd-11-17665-2011.

Stevens, B., and G. Feingold (2009), Untangling aerosol effects on clouds and precipitation
in a buffered system, Nature, 461, 607–613, doi:10.1038/nature08281.

Stevens, T. D., P. A. T. Haris, Y.-C. Rau, and C. R. Philbrick (1994), Latitudinal lidar
mapping of stratospheric particle layers, Advances in Space Research, 14, 193–198, doi:
10.1016/0273-1177(94)90136-8.

Stith, J. L., C. H. Twohy, P. J. DeMott, D. Baumgardner, T. Campos, R. Gao, and
J. Anderson (2011), Observations of ice nuclei and heterogeneous freezing in a West-
ern Pacific extratropical storm, Atmospheric Chemistry and Physics, 11, 6229–6243, doi:
10.5194/acp-11-6229-2011.

Stohl, A., C. Forster, A. Frank, P. Seibert, and G. Wotawa (2005), Technical note: The
Lagrangian particle dispersion model FLEXPART version 6.2, Atmospheric Chemistry
and Physics, 5, 2461–2474, doi:10.5194/acp-5-2461-2005.

Stratmann, F., A. Kiselev, S. Wurzler, M. Wendisch, J. Heintzenberg, R. J. Charlson,
K. Diehl, H. Wex, and S. Schmidt (2004), Laboratory studies and numerical simula-
tions of cloud droplet formation under realistic supersaturation conditions, Journal of
Atmospheric and Oceanic Technology, 21, 876–887, doi:10.1175/1520-0426(2004)021〈0876:
LSANSO〉2.0.CO;2.



142 BIBLIOGRAPHY

Sugimoto, N., I. Matsui, Z. Liu, A. Shimizu, I. Tamamushi, and K. Asai (2000), Observa-
tion of aerosols and clouds using a two–wavelength polarization lidar during the Nauru99
experiment, Sea and Sky, 76, 90–95.

Sugimoto, N., I. Matsui, Z. Liu, A. Shimizu, K. Asai, K. Yoneyama, and M. Katsumata
(2001), Latitudinal distribution of aerosols and clouds in the western Pacific observed with
a lidar on board the research vessel Mirai, Geophysical Research Letters, 28, 4187–4190,
doi:10.1029/2001GL013510.

Sun, Z., and K. P. Shine (1995), Parameterization of ice cloud radiative properties and
its application to the potential climatic importance of mixed–phase clouds., Journal of
Climate, 8, 1874–1888, doi:10.1175/1520-0442(1995)008〈1874:POICRP〉2.0.CO;2.

Swap, R., M. Garstang, S. A. Macko, P. D. Tyson, W. Maenhaut, P. Artaxo, P. Kall-
berg, and R. Talbot (1996), The long–range transport of southern African aerosols to
the tropical South Atlantic, Journal of Geophysical Research, 101, 23,777–23,792, doi:
10.1029/95JD01049.

Swap, R. J., H. J. Annegarn, J. T. Suttles, M. D. King, S. Platnick, J. L. Privette, and R. J.
Scholes (2003), Africa burning: A thematic analysis of the Southern African Regional
Science Initiative (SAFARI 2000), Journal of Geophysical Research, 108, 8465, doi:10.
1029/2003JD003747.

Tegen, I., and A. A. Lacis (1996), Modeling of particle size distribution and its influence
on the radiative properties of mineral dust aerosol, Journal of Geophysical Research, 101,
19,237-19,244, doi:10.1029/95JD03610.

Tegen, I., E. Bierwirth, B. Heinold, J. Helmert, and M. Wendisch (2010), Effect of measured
surface albedo on modeled Saharan dust solar radiative forcing, Journal of Geophysical
Research, 115, D24312, doi:10.1029/2009JD013764.

Tesche, M. (2011), Vertical profiling of aerosol optical properties with multiwavelength
aerosol lidar during the Saharan Mineral Dust Experiments, Ph.D. thesis, Faculty of
Physics and Geoscience, University of Leipzig.

Tesche, M., A. Ansmann, D. Müller, D. Althausen, R. Engelmann, V. Freudenthaler, and
S. Groß (2009), Vertically resolved separation of dust and smoke over Cape Verde using
multiwavelength Raman and polarization lidars during Saharan Mineral Dust Experiment
2008, Journal of Geophysical Research, 114, D13202, doi:10.1029/2009JD011862.

Tesche, M., A. Ansmann, D. Müller, D. Althausen, I. Mattis, B. Heese, V. Freudenthaler,
M. Wiegner, M. Esselborn, G. Pisani, and P. Knippertz (2009), Vertical profiling of Sa-
haran dust with Raman lidars and airborne HSRL in southern Morocco during SAMUM,
Tellus Series B, 61, 144–164, doi:10.1111/j.1600-0889.

Tesche, M., S. Gross, A. Ansmann, D. Müller, D. Althausen, V. Freudenthaler, and M. Es-
selborn (2011), Profiling of Saharan dust and biomass-burning smoke with multiwave-
length polarization Raman lidar at Cape Verde, Tellus Series B, 63, 649–676, doi:
10.1111/j.1600-0889.2011.00548.x.



BIBLIOGRAPHY 143

Tesfaye, M., V. Sivakumar, J. Botai, and G. Mengistu Tsidu (2011), Aerosol climatology
over South Africa based on 10 years of Multiangle Imaging Spectroradiometer (MISR)
data, Journal of Geophysical Research, 116, D20216, doi:10.1029/2011JD016023.

Textor, C., M. Schulz, S. Guibert, S. Kinne, Y. Balkanski, S. Bauer, T. Berntsen, T. Berglen,
O. Boucher, M. Chin, F. Dentener, T. Diehl, R. Easter, H. Feichter, D. Fillmore, S. Ghan,
P. Ginoux, S. Gong, A. Grini, J. Hendricks, L. Horowitz, P. Huang, I. Isaksen, I. Iversen,
S. Kloster, D. Koch, A. Kirkev̊ag, J. E. Kristjansson, M. Krol, A. Lauer, J. F. Lamarque,
X. Liu, V. Montanaro, G. Myhre, J. Penner, G. Pitari, S. Reddy, Ø. Seland, P. Stier,
T. Takemura, and X. Tie (2006), Analysis and quantification of the diversities of aerosol
life cycles within AeroCom, Atmospheric Chemistry and Physics, 6, 1777–1813, doi:10.
5194/acp-6-1777-2006.

Torge, A., A. Macke, B. Heinold, and J. Wauer (2011), Solar radiative transfer simulations
in Saharan dust plumes: particle shapes and 3–D effect, Tellus Series B, 63, 770–780,
doi:10.1111/j.1600-0889.2011.00560.x.

Torres, O., P. K. Bhartia, J. R. Herman, Z. Ahmad, and J. Gleason (1998), Deriva-
tion of aerosol properties from satellite measurements of backscattered ultraviolet ra-
diation: Theoretical basis, Journal of Geophysical Research, 1031, 17,099–17,110, doi:
10.1029/98JD00900.

Trenberth, K. E., J. T. Fasullo, and J. Kiehl (2009), Earth’s global energy budget, Bulletin
of the American Meteorological Society, 90, 311–323, doi:10.1175/2008BAMS2634.1.

Uno, I., K. Eguchi, K. Yumimoto, Z. Liu, Y. Hara, N. Sugimoto, A. Shimizu, and T. Take-
mura (2011), Large Asian dust layers continuously reached North America in April 2010,
Atmospheric Chemistry and Physics, 111, 12251–12268, doi:10.5194/acpd-11-12251-2011.

Vardiman, L. (1978), The generation of secondary ice particles in clouds by crystal-
crystal collision, Journal of the Atmospheric Sciences, 35, 2168–2180, doi:10.1175/
1520-0469(1978)035〈2168:TGOSIP〉2.0.CO;2.
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and E. Rühl (2000), Homogeneous freezing nucleation rates and crystallization dynamics
of single levitated sulfuric acid solution droplets, Physical Chemistry Chemical Physics, 2,
1407–1413, doi:10.1039/A908225E.

Wagner, F., D. Müller, and A. Ansmann (2001), Comparison of the radiative impact of
aerosols derived from vertically resolved (lidar) and vertically integrated (Sun photometer)
measurements: Example of an Indian aerosol plume, Journal of Geophysical Research, 106,
22,861–22,870, doi:10.1029/2001JD000320.

Wandinger, U. (1998), Multiple–scattering influence on extinction- and backscatter–
coefficient measurements with Raman and high–spectral–resolution lidars, Applied Optics,
37, 417–427, doi:10.1364/AO.37.000417.

Wandinger, U. (2005a), Introduction to lidar, in Lidar - Range–resolved optical remote sens-
ing of the atmosphere, C. Weitkamp (ed.), pp. 1—18, Springer Science + Business Media
Inc.



144 BIBLIOGRAPHY

Wandinger, U. (2005b), Raman lidar, in Lidar - Range–resolved optical remote sensing of
the atmosphere, C. Weitkamp (ed.), pp. 241–267, Springer Science + Business Media Inc.

Wandinger, U., and A. Ansmann (2002), Experimental determination of the lidar overlap
profile with Raman lidar, Applied Optics, 41, 511–514, doi:10.1364/AO.41.000511.

Wandinger, U., M. Tesche, P. Seifert, A. Ansmann, D. Müller, and D. Althausen (2010), Size
matters: Influence of multiple–scattering on CALIPSO light–extinction profiling in desert
dust, Geophysical Research Letters, 37, L10801, doi:10.1029/2010GL042815.

Warner, T. T. (2004), Desert Meteorology, 79–126, Cambridge University Press, New York,
USA.

Welton, E. J., K. J. Voss, H. R. Gordon, H. Maring, A. Smirnov, B. Holben, B. Schmid, J. M.
Livingston, P. B. Russell, and P. A. Durkee (2000), Ground–based lidar measurements
of aerosols during ACE–2: Instrument description, results, and comparisons with other
ground–based and airborne measurements, Tellus B, 52, 636–651, doi:10.1034/j.1600-0889.
2000.00025.x.

Welton, E. J., K. J. Voss, P. K. Quinn, P. J. Flatau, K. Markowicz, J. R. Campbell, J. D.
Spinhirne, H. R. Gordon, and J. E. Johnson (2002), Measurements of aerosol vertical
profiles and optical properties during INDOEX 1999 using micropulse lidars, Journal of
Geophysical Research, 107, 8019, doi:10.1029/2000JD000038.

Wendisch, M., S. Mertes, A. Ruggaber, and T. Nakajima (1996), Vertical profiles of
aerosol and radiation and the influence of a temperature inversion: Measurements
and radiative transfer calculations, Journal of Applied Meteorology, 35, 1703–1715, doi:
10.1175/1520-0450(1996)035〈1703:VPOAAR〉2.0.CO;2.

Westbrook, C. D., A. J. Illingworth, E. J. O’Connor, and R. J. Hogan (2010), Doppler
lidar measurements of oriented planar ice crystals falling from supercooled and glaciated
layer clouds, Quarterly Journal of the Royal Meteorological Society, 136, 260–276, doi:
10.1002/qj.528.

Wilcox, E. M. (2011), Direct and semi-direct radiative forcing of smoke aerosols over clouds,
Atmospheric Chemistry and Physics, 11, 20947–20972, doi:10.5194/acpd-11-20947-2011.

Winker, D. M., W. H. Hunt, and M. J. McGill (2007), Initial performance assessment of
CALIOP, Geophysical Research Letters, 341, L19803, doi:10.1029/2007GL030135.

Winker, D. M., M. A. Vaughan, A. Omar, Y. Hu, K. A. Powell, Z. Liu, W. H. Hunt, and
S. A. Young (2009), Overview of the CALIPSO mission and CALIOP data processing
algorithms, Journal of Atmospheric and Oceanic Technology, 26, 2310–2323, doi:10.1175/
2009JTECHA1281.1.

Wiscombe, W. J., and G. W. Grams (1976), The backscattered fraction in two–stream
approximations, Journal of the Atmospheric Sciences, 33, 2440–2451, doi:10.1175/
1520-0469(1976)033〈2440:TBFITS〉2.0.CO;2.



BIBLIOGRAPHY 145

Wulfmeyer, V., and T. Janji (2005), Twenty–four–hour observations of the marine boundary
layer using shipborne NOAA high–resolution Doppler lidar, Journal of Applied Meteorol-
ogy, 44, 1723–1744, doi:10.1175/JAM2296.1.

Young, S. A., and M. A. Vaughan (2009), The retrieval of profiles of particulate extinction
from Cloud–Aerosol Lidar Infrared Pathfinder Satellite Observations (CALIPSO) data:
Algorithm description, Journal of Atmospheric and Oceanic Technology, 26, 1105–1119,
doi:10.1175/2008JTECHA1221.1.

Yu, H., Y. Kaufman, M. Chin, G. Feingold, L. Remer, T. Anderson, Y. Balkanski, N. Bel-
louin, O. Boucher, and S. Christopher (2006), A review of measurement–based assessments
of the aerosol direct radiative effect and forcing, Atmospheric Chemistry and Physics, 6,
613–666, doi:10.5194/acp-6-613-2006.

Yu, H., M. Chin, D. M. Winker, A. H. Omar, Z. Liu, C. Kittaka, and T. Diehl (2010),
Global view of aerosol vertical distributions from CALIPSO lidar measurements and GO-
CART simulations: Regional and seasonal variations, Journal of Geophysical Research,
115, D00H30, doi:10.1029/2009JD013364.

Zhou, M., H. Yu, R. E. Dickinson, O. Dubovik, and B. N. Holben (2005), A normalized
description of the direct effect of key aerosol types on solar radiation as estimated from
Aerosol Robotic Network aerosols and Moderate Resolution Imaging Spectroradiometer
albedos, Journal of Geophysical Research, 110, D19202, doi:10.1029/2005JD005909.

Zobrist, B., C. Marcolli, T. Peter, and T. Koop (2008), Heterogeneous ice nucleation in
aqueous solutions: the role of water activity, The Journal of Physical Chemistry A, 112,
3965–3975, doi:10.1021/jp7112208.





147

List of Figures

2.1 Feedback loop between the physical, chemical, and biological processes inves-
tigated by OCEANET. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 4

2.2 Sketch of the lidar aerosol observation and the determination of irradiances
at the top of atmosphere and the surface. . . . . . . . . . . . . . . . . . . . . 5

2.3 Overview of the long–range aerosol transport regimes above the Atlantic. . . 7

2.4 Overview of the OCEANET–Atmosphere facility . . . . . . . . . . . . . . . . 9

2.5 Map of the three meridional transatlantic cruises of Polarstern, and the lidar
field sites Punta Arenas and Stellenbosch. . . . . . . . . . . . . . . . . . . . . 10

2.6 Impressions from the research vessel cruise April–May 2010 . . . . . . . . . . 11

2.7 Map of the southern hemisphere. . . . . . . . . . . . . . . . . . . . . . . . . . 12

2.8 Impressions from the measurement site at Punta Arenas, Chile. . . . . . . . . 13

2.9 Impressions from the measurement site at Stellenbosch, South Africa. . . . . 15

2.10 Location of the measurement site Stellenbosch, South Africa. . . . . . . . . . 15

3.1 Optical setup of the lidar PollyXT . . . . . . . . . . . . . . . . . . . . . . . . . 18

5.1 Latitudinal distribution of mean aerosol optical thickness above the Atlantic
from October 2004 to June 2011 . . . . . . . . . . . . . . . . . . . . . . . . . 34

5.2 Sun–photometer–derived aerosol optical thickness and height–time display of
1064 nm backscatter signals measured with lidar on 31 October 2009. . . . . . 37

5.3 Maps of geopotential height, FLEXPART 10–days backward simulation, and
DREAM simulation on 31 October 2009. . . . . . . . . . . . . . . . . . . . . . 38

5.4 Profiles of temperature, relative humidity, and optical properties derived with
lidar. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 39

5.5 Profiles of particle backscatter and extinction coefficient derived with CALIOP
and PollyXT. Map of the overpasses of CALIPSO and the data selection. . . . 40

5.6 Height–time display of the attenuated backscatter coefficient, the vertical fea-
ture mask, and the aerosol types derived with CALIOP on 31 October 2009 . 41

5.7 Multi–sensor observations of the OCEANET–facility on 30 April 2010 . . . . 42

5.8 Sky images taken on 2 May 2010 at 12:00 UTC and on 4 May 2010 at 18:00 UTC. 42

5.9 Maps of Geopotential height at 500 hPa, firemaps, trajectories, and DREAM
simulation with respect to the lidar observations from 30 April 5 May 2010. . 43

5.10 Profiles of particle backscatter coefficient, extinction coefficient, lidar ratio,
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